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A B S T R A C T

The Earth's mantle has provided a ready redox gradient of sulfur compounds (SO2, H2S) since the stabilization of
the crust and formation of the ocean over 4 billion years ago, and life has evolved a multitude of metabolic
pathways to take advantage of this gradient. These transitions are recorded in the sulfur and carbon isotope
signals preserved in the rock record, in the genomic records of extant microorganisms, and in the changing
mantle and crust structure, composition and cycling. Here, we have assembled approximately 20,000 sulfur
(δ34S, Δ33S, Δ36S) and carbon (δ13C) isotope data points from scientific publications spanning over five decades
of geochemical analyses on rocks deposited from 4.0 to 1.5 Ga. We place these data in the context of molecular
clock and tectonic and surface redox indicators to identify overarching trends and integrate them into a holistic
narrative on the transition of the Earth's surface towards more oxidizing conditions. The greatest extreme in δ34S
values of sulfide minerals (−45.5 to 54.9‰) and sulfate minerals (−13.6 to 46.6‰) as well as δ13C values in
carbonate minerals (−16.8 to 29.6‰) occurred in the period following the Great Oxidation Event (GOE), while
the greatest extremes in organic carbon δ13C values (−60.9 to 2.4‰) and sulfide and sulfate mineral Δ33S and
Δ36S values (−4.0 to 14.3‰ and −12.3 to 3.2‰, respectively) occurred prior to the GOE. From our ob-
servations, we divide transitions in Earth's history into four periods: Period 1 (4.00 to 2.80 Ga) during which
geochemical cycles were initialized, Period 2 (2.80 to 2.45 Ga) during which S and C isotope systems exhibit
changes as conditions build up to the GOE, Period 3 (2.45 to 2.00 Ga) encompassing the GOE, and Period 4 (after
2.00 Ga) after which S and C isotopic systems remained relatively constant marking a time of Earth system
geochemical quiescence. Using these periods, we link changes in S and C isotopes to molecular clock work to aid
in interpreting emerging metabolic functions throughout Earth's history while underscoring the need for better
proxies for robust evolutionary analyses. Specifically, results indicate: 1) an early development of sulfide oxi-
dation and dissimilatory sulfite reduction followed by disproportionation and then sulfate reduction to sulfite
resulting in a fully biologically mediated sulfur cycle by ~3.25 Ga; 2) support for the acetyl coenzyme-A
pathway as the most likely earliest form of biologically mediated carbon fixation following methanogenesis; 3)
an increasingly redox-stratified ocean in the Neoarchean with largely oxic surface water and euxinic bottom
water during the first half of the Paleoproterozoic; and 4) that secular changes in Earth system crustal cycling
dynamics and continent formation likely played a key role in driving the timing of the GOE. Finally, based on
geochemical data, we suggest that the Paleoproterozoic be divided into a new Era of the Eoproterozoic (from
2.45 to 2.00 Ga) and the Paleoproterozoic (from 2.00 to 1.60 Ga).

1. Introduction

Microbial life gains energy and converts inorganic carbon into or-
ganic molecules through the use of sunlight (phototrophy) or chemical
reactions (chemotrophy) that take advantage of redox reactions. Sulfur

exhibits a wide range of oxidation states (from +6 to −2), and is re-
leased from the mantle via volcanism predominantly as SO2 (+4) and
H2S (−2). Sulfur released via subaerial volcanism is predominantly in
the form of SO2, while sulfur released in the subsurface can react with
volcanic gases containing H2 to form H2S (Table 1). As such, the

http://dx.doi.org/10.1016/j.earscirev.2017.06.014
Received 17 November 2016; Received in revised form 21 June 2017; Accepted 29 June 2017

⁎ Corresponding author at: Department of Earth Sciences, University of Minnesota, Minneapolis, MN 55455, USA.

1 Present address: Department of Geosciences, Stanford University, Stanford, CA.
E-mail address: jhavig@umn.edu (J.R. Havig).

Earth-Science Reviews 174 (2017) 1–21

Available online 30 June 2017
0012-8252/ © 2017 Published by Elsevier B.V.

MARK

http://www.sciencedirect.com/science/journal/00128252
https://www.elsevier.com/locate/earscirev
http://dx.doi.org/10.1016/j.earscirev.2017.06.014
http://dx.doi.org/10.1016/j.earscirev.2017.06.014
mailto:jhavig@umn.edu
http://dx.doi.org/10.1016/j.earscirev.2017.06.014
http://crossmark.crossref.org/dialog/?doi=10.1016/j.earscirev.2017.06.014&domain=pdf


potential simultaneous delivery of sulfur in two different redox states
from the mantle has provided a ready sulfur redox gradient across all of
earth history. In addition, life has evolved multiple metabolic pathways
to exploit a wide range of sulfur compounds for generating energy (e.g.,
McCollom and Shock, 1997; Shock et al., 2005; Sleep and Bird, 2007).
These metabolic pathways likely played an important role in the pro-
gressive oxidation of the earth's surface, and in resulting geochemical
and geologic signals of this progression in the rock record (Kasting,
2013). Sulfur-coupled metabolisms are some of the most important
microbially mediated processes, and are either directly or indirectly
linked with carbon-coupled metabolisms, with both modifying redox
conditions on Earth's surface. The rock record, while incomplete, pro-
vides our best framework for understanding the redox history of the
Earth's surface (e.g, Farquhar et al., 2001; Hannisdal and Peters, 2011;
Halevy, 2013), with isotopes of sulfur (including the mass independent
fractionation of sulfur, or MIF-S signal) and carbon isotopes providing
convincing evidence for the timing of the transition from an oxygen
depleted/reducing atmosphere to one with free oxygen.

The isotopic values of carbon and sulfur recovered over the time
period exhibit wide ranges. Sulfide mineral δ34S values span a
minimum of −45.5‰ (at ~2.40 Ga) to a maximum of 54.9‰ (at
~2.09 Ga), while sulfate mineral δ34S values span a minimum of
−13.6‰ (at ~2.43 Ga) to a maximum of 46.6‰ (at ~2.05 Ga). These
values, however, are muted compared to extreme δ34S values found in
more recent units such as sulfide minerals ranging from −72‰ in se-
diments overlying mid ocean ridge basalts (Lever et al., 2013) to
114.8‰ in pyrites enriched by microorganisms that couple sulfate re-
duction to anaerobic oxidation of methane (Lin et al., 2016); or sulfate
δ34S values of 135‰ in interstitial pore waters from ocean drilling
cores as a result of slow sulfate reduction rates in low sulfate con-
centration environments (Rudnicki et al., 2001). Organic carbon δ13C
values ranged from a minimum of −60.9‰ (at ~2.75 Ga) to a max-
imum of −4.6‰ (at ~2.07 Ga), while carbonate δ13C values ranged
from a minimum of −18.5‰ (at ~1.60 Ga) to a maximum of 29.6‰
(at ~2.10 Ga). As with sulfur, these rock values are muted compared to
extremes measured in more recent samples. Methanotrophic biomass

Table 1
Relevant sulfur metabolisms and reactions, with δ34S fractionations given, when known. Data compiled from Fry et al.
(1985, 1986, 1988); Thompson et al. (1990); Fuseler et al. (1996); Janssen et al. (1996); Cypionka et al. (1998); Habicht
et al. (1998); Böttcher et al. (2005); Canfield (2001); Machel (2001); Brunner and Bernasconi (2005); Holland (2009),
and Poser et al. (2014). ATP = adenosine triphosphate, APS = adenosine 5′-phosphosulfate, AMP = adenosine mono-
phosphate.
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has been measured at δ13C values as low as −85‰, while natural cy-
anobacterial biomass has been measured at values as high as −3‰,
and methanogenic biomass as high as 6‰ (Schidlowski, 2001). Car-
bonate δ13C values have been documented at values as low as −125‰
from deposition from carbon-poor groundwater related to sulfate-de-
pendent anaerobic methane oxidation (Drake et al., 2015) and as high
as 34‰ in cements associated with dissolved inorganic carbon influ-
enced by methanogenesis (Budai et al., 2002). Given these wide ranges
that have been found to date associated with the complex systematics of
sulfur and carbon isotope fractionations and distillations, it is im-
perative that we interpret rock record values carefully and consider the
ranges of values that we can associate directly to known metabolic
pathways (e.g., carbon fixation pathways, biological sulfate reduction,
microbially mediated disproportionation, etc.) measured from pure
culture experimental work.

By merging comprehensive geochemical datasets from the literature
with our current understanding of microbial sulfur and carbon trans-
formations, we can better constrain the onset of the biological in-
novations. To do so, we draw on three lines of evidence: i) sulfur and
carbon major stable isotope data, ii) geochemical contextual evidence
for progressive though not necessarily linear (e.g., Kump, 2008; Lyons
et al., 2014; Gumsley et al., 2017) oxidation of the earth's surface, in-
cluding the sulfur isotope mass-independent fractionation (MIF-S)
signal recorded in the rock record, and iii) the microbial metabolic
machinery recorded in the genomic record of extant life and the iso-
topic signals they generate.

First we present sulfur and carbon stable isotope data, summarizing
background information on each isotope system as it relates to global
surface redox and describing trends observed from data compiled from
the literature. Next we discuss the connection between microbial me-
tabolism and sulfur compounds, followed by a section that lays out the
relationship between carbon fixation metabolisms and the carbon

isotope system, and then a brief treatment of molecular clock calcula-
tions. Other select information from the rock record that relate to the
oxidation of the Earth's surface and the Great Oxidation Event (GOE)
are briefly described in the Rock Record Contextual Information sec-
tion. Finally, we provide a synthesis of all the geochemical, biological,
and geologic information in four time periods: Period 1: 4.0 to 2.8 Ga-
the beginnings of modern Earth system dynamics, with relatively small
differences between δ34S values of sulfide and sulfate minerals (Fig. 1A,
B), organic carbon δ13C values that range between −13.1 and
−44.3‰ (Fig. 1C), carbonate δ13C values near 0‰ (Fig. 1D), and Δ33S
and Δ36S values of sulfides and sulfates contain mass independent
fractionation signals (Fig. 2A, B); Period 2: 2.8 to 2.45 Ga-the buildup
to the GOE), where we observe an expansion in the range of sulfide and
sulfate mineral δ34S values (Fig. 1A, B) as well as Δ33S and Δ36S values
(Fig. 2A, B), an increase in occurrence of more negative δ13C values in
both organic carbon (minimum of −60.9‰) and carbonate minerals
(minimum of −15.0‰) (Fig. 1C, D); Period 3: 2.45 to 2.0 Ga-The GOE,
characterized by a further expansion in the range in δ34S values in both
sulfide and sulfate minerals (Fig. 1A, B), a collapse in the Δ33S and Δ36S
values in both sulfide and sulfate minerals (Fig. 2A, B), and a shift to-
wards positive δ13C values in both organic carbon and carbonate mi-
nerals (Fig. 1C, D); and Period 4: after 2.0 Ga-Earth system quiescence,
when sulfide mineral δ34S values trend to the positive (Fig. 1A), and the
ranges of organic carbon and carbonate mineral δ13C values decrease
dramatically (Fig. 1C, D).

2. Sulfur and carbon stable isotope data

Carbon is present as two stable isotopes, 12C and 13C, with 12C ac-
counting for 98.93%, and 13C for 1.07%. Sulfur is present as four stable
isotopes, including 32S (94.93%), 33S (0.76%), 34S (4.29%), and 36S
(0.02%). All isotopic data are reported as isotope ratios, relative to

Fig. 1. Sulfur and carbon isotope data plotted against time, as compiled from literature for 1.5 to 4.0 Ga. Numbers of data points indicated in the lower right corner of plots. Horizontal
demarcations for time Periods 1 through 4 are as described in text. A) Sulfide mineral δ34S values. MORB δ34S values indicated by a grey vertical bar (values from Labidi et al., 2012).
Black horizontal bar at top shows range of modern values measured. B) Sulfate mineral δ34S values. Grey vertical bar as described for A. Star indicates average value of the modern ocean
sulfate pool (~21‰) and brackets show range of values from the Phanerozoic. C) Organic carbon δ13C values. Modern bulk organic carbon values of −25‰ indicated with a vertical
dashed line (Melezhik et al., 2013), and a range of −25 to −30‰ marked with a grey vertical bar (Hayes et al., 1999). Mantle δ13C values of −8 to −5‰ are marked with a white
vertical bar (Exley et al., 1986; Javoy et al., 1986; Deines, 2002; Horita and Polyakov, 2015). Samples from the Greenland Isua Greenstone Belt are bracketed. D) Inorganic carbon δ13C
values. Modern inorganic carbon value of 0‰ indicated by a dashed vertical line. Mantle δ13C values of −8 to −5‰ are marked with a white vertical bar. Samples from the Greenland
Isua Greenstone Belt are bracketed.
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standards of known value, using the equation [(isotope ratio of
sample) / (isotope ratio of standard) − 1] × 1000, expressed in delta
notation (δ) and reported as per mil (‰). For sulfur, the standard is the
Vienna Canyon Diablo Troilite (VCDT), based on troilite (an iron-sulfide
mineral) found in the octahedrite iron meteorite that formed Barringer
Crater in Arizona, USA approximately 50,000 years ago. Stable sulfur
isotopes are reported as the ratio of the minor isotope (33S, 34S, or 36S)
to the major isotope (32S), (e.g. δ34S is [(34S/32S of sample) / (34S/32S of
standard) − 1] × 1000). For carbon, the standard is the Vienna Pee
Dee Belemnite, based on the value of the marine fossil Belemnitella
americana found in the Cretaceous Pee Dee Formation in South
Carolina, USA. Stable carbon isotopes are reported as the ratio of the
minor isotope (13C) to the major isotope (12C) as δ13C (i.e. [(13C/12C of
sample) / (13C/12C of standard) − 1] × 1000).

An alternative form of isotope reporting uses the difference between a
measured isotopic value to that of an expected value. This has become the
norm for reporting the minor isotopes of sulfur (33S and 36S) based on their
deviation from the expected linear mass-dependent isotopic relationship of
Δ33S = δ33S− 0.515 × δ34S and Δ36S = δ36S− 1.90× δ34S, given in
the Δ, or ‘capital delta’ notation (Hulston and Thode, 1965).

We compiled carbon and sulfur isotopic data reported from 4.0 to
1.5 Ga that are available in publications through 2014. In total, 6722
sulfide δ34S data points (Fig. 1A), 672 sulfate δ34S data points (Fig. 1B),
2587 organic carbon δ13C data points (Fig. 1C), and 4930 inorganic
carbon (carbonate) δ13C data points (Fig. 1D), as well as 3678 sulfide
and sulfate Δ33S data points (Fig. 2A) and 1135 sulfide and sulfate Δ36S
data points (Fig. 2B) are reported from literature sources. Individual
analyses were included where possible, and estimated unit age dates
based on confining units with age dates were used when the units were
not directly age dated.

All reported data points were used. For interpretation, it is im-
portant to keep in mind that the raw data are not without their biases.
Potential biases include: geographic bias (sampling focused on easily

accessible sampling locations), preservation bias (most of the rock re-
cord has been destroyed, and the likelihood of annihilation and/or
metamorphism increases with age), sedimentary bias (e.g., greater oc-
currence of preserved marginal, shallow water settings, dearth of deep
marine setting preservation), temporal bias (increased sampling of
certain time periods, usually coincident with extreme isotopic shifts),
among others (Shields and Veizer, 2002). Differences in analysis
method also impact the data. For instance, bulk analysis of entire pyrite
grains or rocks containing multiple pyrite mineral grains homogenizes
small scale variability between pyrite grains or within individual pyrite
grains, losing the fidelity that is available through Secondary Ion Mass
Spectrometry (SIMS) analyses. Furthermore, the numbers of data points
produced from multiple small to nano-scale analyses (especially for
multiple analyses of single pyrite grains via SIMS) can produce a large
number of analyses that might be a single data point generated from a
bulk technique. The data set presented here is, to the best of our
knowledge, the largest openly available compilation of carbon and
sulfur isotope data to date (available as SOM) and thus provides a
foundation from which to interpret the rock record. However, we do
not presume it to be all inclusive. One of the goals of this compilation is
to provide a platform from which the scientific community can amend,
build upon, and add to as new information becomes available.

Covarying trends across the isotopic systems reveal 4 distinct in-
tervals (periods), each characterized by unique behaviors (Figs. 1 and
2). Period 1, from 4.00 to 2.80 Ga (covering the Eoarchean, Pa-
leoarchean, and Mesoarchean), is characterized by isotopic signal
quiescence. Period 2, from 2.80 to 2.45 Ga (encompassing the
Neoarchean, and leading up to the shift from a reducing to an oxidizing
atmosphere), exhibits the greatest spread in Δ33S and Δ36S values.
Period 3, from 2.45 to 2.00 Ga (covering the first part of the Paleo-
proterozoic), which follows the switch of the atmosphere from anoxic to
oxic and the Great Oxidation Event, is characterized by the collapse of
the spread in Δ33S and Δ36S values and a large range in δ34S and δ13C
values, including a protracted period of positive carbonate δ13C iso-
topes. Period 4, from 2.00 to 1.50 Ga (including the second part of the
Paleoproterozoic and the beginning of the Mesoproterozoic), is char-
acterized by the decline of the large-scale variations in organic and
inorganic δ13C values recorded in periods 2 and 3, and a decrease in the
spread of δ34S values, all heralding the start of the ‘boring billion’ (1.80
to 0.80 Ga). Binning δ34S and δ13C values shows the overall progression
of isotopic values through the four periods (Fig. 3). The majority of
sulfide δ34S values reported for Periods 1 and 2 fall close to mantle
values. The greatest spread in values (with most values falling below
mantle values) is observed during Period 3. Values predominantly
greater than mantle values occur in Period 4. Nearly all sulfate δ34S
values fall above mantle values, and become progressively more posi-
tive through the four periods. Most organic carbon δ13C values fall
below −25‰, and abruptly transition from less negative in Period 1 to
predominantly more negative in Period 2, then becoming less negative
through periods 3 and 4. Inorganic δ13C values predominantly fall close
to modern marine carbonate and dissolved inorganic carbon values (ca.
0‰). In Period 1 over 67% of analyses fall above 0‰, while in Period 2
there is an increase in the number of more negative inorganic δ13C
values (56% of values fall below 0‰), and in Period 3 while there are
still many negative values reported, there is a larger number of positive
values, with 65% > 0‰ and 36% > 5‰. In Period 4, nearly all
carbonate δ13C values collapse to around 0‰, though 68% fall below
0‰.

Isotopic signals recorded in the rock record (e.g., δ34S and δ13C) are
influenced by metabolic processes, making the basis of the four divi-
sions driven in part by life. In the following two sections we present
brief overviews of sulfur and carbon metabolisms for readers less fa-
miliar with them.

Fig. 2. Sulfur isotope data plotted against time, as compiled from literature for 1.5 to
4.0 Ga. Numbers of data points indicated in the lower right corner of plots. A) Sulfide
(open black circles) and sulfate (white-filled grey circles) mineral Δ33S values. MORB
values indicated by a grey vertical bar (values from Labidi et al., 2012). B) Sulfide and
sulfate mineral Δ36S values, symbols and vertical grey bar as described for A. Horizontal
demarcations for time Periods 1 through 4 are as described in text.
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3. Biology of S metabolisms

The wide range of oxidation states of sulfur (−2 to +6) provide
many intermediates for biological oxidation, reduction, and dis-
proportionation. The dissimilation of sulfur compounds may have been
one of the earliest biological strategies for energy generation (e.g.,
Canfield and Raiswell, 1999; Canfield et al., 2006; Grein et al., 2013).
Although sulfate concentrations were probably much lower during the
Archaean (e.g., Habicht et al., 2002; Crowe et al., 2014; Jamieson et al.,
2013), reduced sources of sulfur (H2S, S0) supplied from volcanic ac-
tivity would have been readily available during this time, fueling bio-
logically mediated sulfide, sulfur oxidation, and disproportionation of
sulfur species as sources of energy for the microbiota. Biologically
mediated sulfate reduction could have become a major source of sulfide
following oxidation of the continents and the subsequent increase in
marine sulfate concentrations although sulfite and thiosulfate would
have been suitable electron acceptors prior to this increase (e.g.,
Halevy, 2013). We have compiled sulfur redox reactions discussed here
along with measured fractionation factors reported in the literature
(Table 1). This list represents most of the fundamental reactions which
are best characterized, but it is not exhaustive. Examples we overlook
include the disproportionation of thiosulfate to elemental sulfur and
sulfite (S2O3

2− => S0 + SO3
2−) proposed by Cypionka et al. (1998),

as well as the multiple intermediate steps in the biologically mediated
oxidation of sulfide (e.g., Poser et al., 2014). Furthermore, the max-
imum values for BSR given in Table 1 (from Brunner and Bernasconi,
2005) are greater than the largest fractionation measured in pure cul-
ture experiments (66‰, Sim et al., 2011), but are similar to the max-
imum that has been measured in natural settings (75‰, Wortmann
et al., 2001), indicating pure culture analyses may not always represent
values that can be attained in natural settings.

Inorganic sulfur metabolism is extremely complicated due to the
complex chemistry of sulfur (including multiple oxidation states) and
the large number of enzymatic pathways that have evolved to utilize

sulfur (Frigaard and Bryant, 2008). Today, the biogeochemical cycling
of sulfur through these redox states is catalyzed by microorganisms and
results in a broad range of sulfur isotope fractionation (Table 1). Sulfur
oxidation is catalyzed by phylogenetically distinct and physiologically
diverse bacteria including chemotrophic and phototrophic bacteria as
well as the Sulfolobales (aerobic Archaea). These organisms oxidize a
variety of reduced sulfur species including sulfide, elemental sulfur, and
thiosulfate, producing elemental sulfur or sulfate as the end product.
Organisms that use sulfate as an electron acceptor include members of
Bacteria (Deltaproteobacteria, Clostridia, Thermodesulfobiaceae, Ni-
trospirae, Thermodesulfobacteria), members of the Crenarchaeota
(Thermocladium, Caldivirga), and the Euryarchaeota (Archaeoglobus)
(Muyzer and Stams, 2008), typically producing sulfide. In pure cultures,
the use of other intermediate oxidation state sulfur compounds in-
cluding sulfate reduction intermediates (e.g., sulfite or thiosulfate) has
been observed (Price et al., 2014). Sulfate reducing organisms are also
crucial to the carbon cycle as their activity accounts for a large portion
of the remineralization of fixed carbon (oxidizing organic carbon to
CO2, and thereby returning it to the dissolved inorganic carbon or DIC
pool), linking sulfate reducing organisms (SROs) to the precipitation of
carbonate minerals from DIC as well as pyrites (through the generation
of H2S from sulfate reduction) through the generalized reaction:
SO4

2− + 2 CH2O => H2S + 2 HCO3
−. The biochemical and genetic

underpinnings of sulfur disproportionation are poorly understood but
the process is carried out by a diverse array of microorganisms. In ad-
dition to these energy-yielding reactions, organisms encode the ma-
chinery necessary for uptake and assimilation of sulfate (assimilatory
sulfate reduction) specifically for synthesis of macromolecules (i.e.,
proteins).

The sulfur oxidation enzyme system (Sox) has been identified in a
number of organisms capable of oxidizing reduced sulfur compounds.
Pure culture in vitro analyses indicate large substrate versatility by Sox
including the oxidation of thiosulfate, sulfite, sulfur, and hydrogen
sulfide (Rother et al., 2001). In the event that elemental sulfur is

Fig. 3. Histograms for percentage of data points per bin for
sulfide and sulfate mineral δ34S values (left) and organic
and inorganic carbon δ13C values (right), with bin ranges
defined by the x-axis. Reference δ34S and δ13C values as
described in Fig. 1. Horizontal demarcations for time Per-
iods 1 through 4 are as described in text. Isua Greenstone
Belt samples were not included for the T = 1 δ13C histo-
gram.
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formed, some organisms may store this intermediate intra- or extra-
cellularly and further oxidize it to sulfate when more reduced electron
donors such as sulfide or thiosulfate become limiting (Nelson and
Castenholz, 1981; Schmidt et al., 1987). In Acidianus ambivalens, a
member of the Sulfolobales, a sulfur oxygenate reductase (SOR) cata-
lyzes sulfur disproportionation coupled to an oxygenate reaction (Sun
et al., 2003; Kletzin et al., 2004) and a membrane-bound thiosulfate-
quinone oxidoreductase (TQO) links thiosulfate consumption to oxygen
reduction (Müller et al., 2004). Many organisms encode sulfide:quinone
oxidoreductase (Sqr), a flavoprotein that oxidizes sulfide. Single gen-
omes may encode multiple types of Sqrs (Marcia et al., 2010; Gregersen
et al., 2011) although the precise physiological function of each type is
still under investigation. Regardless, phylogenetic reconstruction of 16S
rRNA gene sequences and sqr are not typically congruent, hindering
interpretation of the evolutionary history of this protein. Flavocyto-
chrome c, another flavoprotein, oxidizes sulfide in vitro while the
function of this protein in vivo has not been demonstrated. Other
proteins, including polysulfide reductase and rhodanese-related sul-
furtransferases, have been implicated in sulfur oxidation but warrant
further investigation to determine their phylogenetic distribution and
contribution to the oxidation of reduced sulfur compounds.

Dissimilatory sulfate reduction occurs through a series of enzymatic
reactions (Table 1). First, sulfate is activated by sulfate adenylyl
transferase (Sat) forming adenosine-phosphosulfate (APS) which is re-
duced through the action of adenosine-5′-phosphosulfate (APS) re-
sulting in sulfite (Muyzer and Stams, 2008). The reduction of sulfite to
sulfide is catalyzed by dissimilatory sulfite reductase (DsrAB) (Rabus
et al., 2007). Components of the Dsr system as well as the dissimilatory
APS reductase genes (AprBA) are also employed by some sulfur oxi-
dizing organisms albeit in the opposite (oxidative) direction (Frigaard
and Dahl, 2009; Gregersen et al., 2011). Similarly, the enzymatic
pathways of assimilatory and dissimilatory sulfate reduction both start
with the activation of sulfate, a reaction catalyzed by sulfate adenylyl
transferase (Sat) (Rabus et al., 2007; Frigaard and Dahl, 2009). In
general, phylogenetic reconstructions indicate component enzymes
cluster distinctly based on function—oxidation or reduction, assimila-
tion or dissimilation—for instance. Unfortunately, evolutionary ana-
lyses of proposed gene duplication events resulting in the delineation
between enzymes involved in the oxidative or reductive pathways is
hindered by evidence for multiple gene transfer events (Boucher et al.,
2003).

The complex chemistry of sulfur, the multitude of enzymatic ma-
chinery that has evolved to utilize sulfur species, and the cycling of
intermediates (e.g., sulfite, thiosulfate) has implications on both the
evolutionary history of these enzymes and the fractionation of S iso-
topes. Environmental factors (e.g., substrate concentration and type,
temperature) and biological factors (e.g., metabolism rates, internal
cycling of intermediates, interactions between different metabolisms,
diel cycling) have been shown to influence the fractionation imparted
on sulfide during sulfate reduction (e.g., Habicht and Canfield, 1997;
Canfield, 2001). The isotopic signature imparted on sulfur through
enzymatic reactions is difficult to interpret due to the range of oxidation
states of sulfur and the numerous ways in which microorganisms cycle
sulfur through intermediate redox states, and biologically mediated
reactions could mask abiotic processes that may also contribute
(Table 1). Notable progress has been made on deciphering S fractio-
nation through some of these pathways—sulfate reduction for instance
(e.g., Leavitt et al., 2013; Zhelezinskaia et al., 2014) and sulfide oxi-
dation (e.g., Poser et al., 2014). We expect that further studies ex-
amining reduction and re-oxidation of sulfur compounds in situ such as
Pellerin et al. (2015) will further enlighten S fractionation as a result of
biogeochemical cycling and thus our interpretation of the rock record.

4. Biology of C metabolisms

Key early evolving carbon metabolisms include carbon fixation

(conversion of inorganic C into organic C), methanogenesis (metabo-
lisms that result in the production of CH4), and fermentation (anaerobic
breakdown of organic material). Carbon fixation allowed the conver-
sion of oxidized carbon (as CO2) into reduced carbon, and the burial of
reduced organic carbon is one of the fundamental forces that helped
drive the oxidation of the Earth's surface. Methanogenesis would have
provided a chemotrophic means for gaining energy on early earth, and
fermentation (a form of anaerobic heterotrophy) would have driven the
breakdown of organic matter and release as CO2, and both would have
provided ready energy sources for early metabolisms through the re-
lease of a suite of reduced constituents (e.g., CH4 from methanogenesis;
H2, acetate, methanol, ethanol, propionate, formate, lactate, etc. from
fermentation). Below we discusses carbon fixation and its link to pho-
tosynthesis, methanogenesis, and fermentation, and how each can be
connected to the carbon isotope signal in the rock record as parts of the
global carbon cycle.

4.1. Carbon fixation

Carbon fixation is essential to sustain life on Earth. The preferential
uptake of 12CO2 and incorporation into organic matter by life results in
preservation of this resulting biomass in the geologic record with
carbon isotopic signatures that are isotopically lighter (i.e., with δ13C
values that are more negative) than the source of the CO2.

The six known carbon fixation pathways which sustain autotrophic

Table 2
Carbon fixation metabolisms with δ13C fractionations for generated biomass
given and characteristics of each metabolism (top) and fractionation factors for
methane from the carbon source generated via methanogenesis (bottom).
D4H = dicarboxylate-4-hydroxybutyrate Cycle, 3H4H = 3-hydroxyproprionate-
4-hydroxybutyrate Cycle, rTCA - reductive Tricarboxylic Acid Cycle (Krebs
Cycle, reversed citric acid cycle), 3HP = 3-hydroxypropionate bicycle,
ACP = Acetyl-Coenzyme A Pathway (Wood-Ljungdahl Pathway),
rPPC = reductive Pentose Phosphate Cycle (Calvin Cycle),
H2 = hydrogenotrophic, Ac = acetoclastic, All = all methylotrophic pathway
fractionations, MeOH= methanol, TMA = Trimethyl amine, DMS = dimethyl
sulfide. *A fractionation factor has been reported of only −7‰ for acetoclastic
methanogenesis (Valentine et al., 2004). Carbon Fixation sources: Sirevåg et al.
(1977); Quandt et al. (1977); Holo and Sirevåg (1986); Fuchs et al. (1979); Preuß
et al. (1989); Ivanovsky et al. (1993); van der Meer et al. (2001); House et al.
(2003); McNevin et al. (2007); Berg et al. (2010); Bar-Even et al. (2011); and
Havig et al. (2011). Methanogenesis sources: Horita and Berndt (1999); Whiticar
(1999); Valentine et al. (2004); Conrad (2005); and Londry et al. (2008).
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growth are: the reductive pentose phosphate cycle (rPPC, a.k.a. the
Calvin cycle), the reductive tricarboxylic acid cycle (rTCA, a.k.a. the
reverse Krebs cycle), the 3-hydroxypropionate cycle (3HP), the di-
carboxylate-4-hydroxybutyrate cycle (D4H), 3-hydroxypropionate-4-
hydroxybutyrate cycle (3H4H), and the reductive acetyl-coenzyme A
pathway (ACP, a.k.a. the Wood–Ljungdahl pathway) (Berg et al., 2010;
Bar-Even et al., 2011). These specific carbon fixation pathways have
characteristic carbon isotopic fractionations that can aid in our inter-
pretation of the rock record (Table 2). Pure culture studies indicate the
reductive acetyl-CoA pathway can impart a large fractionation (up to
−30‰ from the carbon source, Table 2). The rPPC can impart the
greatest fractionation of the carbon fixation pathways (up to −36‰,
Table 2), although the fractionation of this pathway can vary based on
the form of ribulose 1,5-bisphosphate carboxylase oxygenase (RuBisCO)
(House et al., 2003 and references therein). The reductive pentose
phosphate pathway accounts for the vast majority of carbon fixation on
Earth today. It should be noted, however, that local conditions may
influence the carbon isotope signal of autotrophic microorganisms. For
example, microbial community δ13C fractionations varied significantly
(from −3.3 to −19.9‰) over the span of a few meters down a single
hot spring outflow channel. This change was attributed to decreasing
temperature and changing microbial community structure with dif-
ferent C-fixation pathways (Havig et al., 2011).

Phylogenetically and physiologically diverse organisms are capable
of carbon fixation and the enzymes catalyzing the most mechanistically
challenging steps in each pathway (i.e., RuBisCO) appeared to have
evolved a single time (Berg, 2011). The generally accepted view in-
vokes an early origin of rTCA and ACP (Wächtershäuser, 1990; Smith
and Morowitz, 2004; Martin et al., 2008; Fuchs, 2011). Despite overlaps
in substrates and intermediates in some of the pathways, the use of
these pathways is not conserved among taxonomically related groups.
For instance, the four pathways that employ acetyl-CoA and succinyl-
CoA are not conserved taxonomically—rTCA and 3HP operate solely in
bacterial lineages whereas the dicarboxylate-4-hydroxybutyrate and 3-
hydroxypropionate-4-hydroxybutyrate cycles are used only by archaea.
There is considerable overlap between the 3-hydroxypropionate and
the 3-hydroxypropionate-4-hydroxybutyrate, yet the two have evolved
independently (Bar-Even et al., 2011). Oxygen sensitivity, presence in
both Bacteria and Archaea, and relatively high efficiency of ACP are
cited as supporting circumstantial evidence for ACP as the putatively
earliest evolving carbon fixation pathway (Table 2).

RuBisCO is the most abundant protein on earth for several reasons
including its requirement for carbon fixation via the rPPC and its cat-
alytic inefficiency which leads to high levels of expression to maintain
growth (Ellis, 1979). Attributes of RuBisCO are often cited as evidence
for an early emergence in the evolution of life including low affinity for
CO2 and competitive inhibition by O2. Under the reducing conditions of
early earth under high-CO2 and in the absence of O2, presumably there
would not have been the selective pressure to evolve a RuBisCO enzyme
able to efficiently operate under the conditions present today—high O2

and low CO2. RuBisCO is also plagued by slow catalytic turnover and an
oxygenase side reaction (Badger and Bek, 2008). Regardless, a single
explanation of the evolutionary trajectory of carbon fixation pathways
has yet to be derived.

To date, the utility of interpreting the fractionation of carbon in
ancient sedimentary organic matter has relied on numbers generated
from organisms in pure cultures. These data have been used to con-
strain the magnitude of pathway-dependent carbon fractionation and
infer the modes of metabolism which generated ancient sedimentary
organic matter. Because systematic differences have been observed in
carbon isotopic fractionation between the carbon fixation pathways,
these signatures can be used as a framework to infer biogeochemical
cycling of carbon in the geologic record. However, the study of 13C
fractionation in microbial primary producers has revealed variability in
the fractionation based on organism, form of enzyme, temperature,
and/or growth phase. Further complicating this is significant overlap of

δ13C signal produced by different carbon fixation pathways (Table 2),
and potential obfuscating of these signals due to differences in C
sources. These observations coupled with the complex carbon cycling
that occurs in microbial ecosystems and recent discoveries of new
carbon fixation pathways hinder our ability to definitively assign a
metabolic origin to carbon isotope values in rock record.

While it is tantalizing to assume a metabolic pathway that is pre-
dominant today and has a similar fractionation to what is found in the
rock record was the source of that fractionation, we must also re-
member that the genomes of extant microorganisms are an incomplete
record—billions of years of evolution, extinctions, and gene loss have
occurred. For instance, the more recent rock record is littered with
biological macroscopic morphotypes that once dominated but are now
extinct (e.g., Ediacaran fauna, Trilobites, Graptolites). In contrast, the
geologic record is presumably impartial. As a result, the inference
shouldn't be that a δ13C fractionation of −25‰ found at 3.5 Ga was
produced by the pentose phosphate cycle, but rather when we observe
such a fractionation, our best available model to use is a modern analog
that exhibits a similar fractionation. Still, 3.5 billion years of evolu-
tionary (and geochemical/geologic) pressure has been exerted, and it is
not only possible but likely that metabolic pathways long ago lost ex-
isted which could produce an equivalent fractionation to those known
today. Similarly, as processes evolved to become more efficient or en-
ergetically favorable, a more consistent fractionation might have re-
sulted.

4.2. Photosynthesis

The link between the redox history of the Earth's surface and pho-
tosynthesis is tied to the fundamental transfer of electrons through C-
fixation as CO2 is converted into CH2O. Historically, the most attention
has been given to oxygenic photosynthesis:

+ + ⇒ +vCO H O h CH O O ,2 2 2 2

whereby the powerful oxidant O2 is released on the Earth's surface
and a fraction of the organic material has the potential to be buried and
locked away, effectively removing 4 electrons from the Earth surface for
every C buried, and leaving a molecule of O2 (Fig. 5). However, alter-
natives to oxygenic photosynthesis have been found in modern systems,
termed anoxygenic photosynthesis, and these forms may have predated
oxygenic photosynthesis by as much as 1.2 Ga (Battistuzzi et al., 2004;
Olson, 2006). Anoxygenic photosynthesis can be carried out using re-
duced sulfur compounds such as H2S and S0 (Table 1), as well as with
hydrogen:

+ + ⇒ +vCO 2 H h CH O H O,2 2 2 2

and with iron:

+ + + ⇒ + +
+ +v4 Fe CO 11 H O h CH O 4 Fe(OH) 8H2

2 2 2 3

All of these pathways serve as a mechanism for burying electrons as
organic material and thus contributing to the net oxidation of the
earth's surface, but not necessarily accumulation of oxygen.

In some extant environments such as photic zones where oxygen
and sulfide co-exist, the ecological niches of anoxygenic phototrophs
and Cyanobacteria can overlap (Klatt et al., 2011, 2013). For instance,
in some stratified lakes, the oxic/anoxic interface is shallow and sup-
ports dense layers of anoxygenic phototrophs. These conditions mimic
those thought to be present in areas of the Proterozoic oceans, espe-
cially along continental shelf margins. In these systems today, anoxy-
genic photosynthesis can be the main source of primary production
(Van Gemenden and Mas, 1995).

In addition to the photoautotrophic means for fixing carbon de-
scribed above, there are also photoheterotrophic pathways that can use
light energy to power the addition of CO2 to organic molecules, such as:

+ + + ⇒vC H O (pyruvate) CO H h C H O (malate).3 4 3 2 4 5 5
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In this case, the CO2 used can come from heterotrophic breakdown
of organic material (as opposed to the DIC pool), so there is no effect on
the net burial of electrons. However, if there is enough cycling of or-
ganic material by photoheterotrophs to enrich the resulting biomass
through selective uptake of 12CO2, driving the overall organic carbon
δ13C signal more negative, then photoheterotrophy may play a role in
altering the organic carbon δ13C signals preserved in the rock record.
Laboratory pure culture experiments would help to shed light on this
speculative idea.

4.3. Methanogenesis

All methanogenesis pathways (only known for archaea) share the
use of the nickel enzyme methyl-coenzyme M reductase (encoded by
mcr) to catalyze the conversion of substrates and formation of methane
(Jaun and Thauer, 2007). Methanogenesis has long been postulated as
one of the oldest energy yielding metabolic pathways used by life (e.g.,
Walker, 1977; Wächtershäuser, 1990) and methanogens have been in-
dicated to be the ancestors of all archaea (Borrel et al., 2016). Sup-
porting the idea of an early evolution and subsequent loss of metha-
nogenesis is the recent discovery of mcr gene sequences in
Bathyarchaeota, providing the first evidence of methanogens outside of
the Euryarchaeota (Evans et al., 2015; Lever, 2016). The microbially
mediated generation of methane (CH4) is categorized by three known
pathways: hydrogenotrophic, acetoclastic, and methylotrophic. Hy-
drogenotrophic methanogenesis involves an eight step process to cat-
alyze the reduction of CO2 into CH4 (Costa and Leigh, 2014), sum-
marized by the reaction 4 H2 + CO2 => CH4 + 2 H2O. Acetoclastic
methanogenesis uses the same final three steps as hydrogenotrophic
methanogenesis, with the amendment being the uptake and conversion
of acetate to acetyl-CoA from which the methyl group enters the me-
thanogenesis machinery following its transfer onto the carrier tetra-
hydromethanopterin (H4MPT), entering as methyl-H4MPT (Costa and
Leigh, 2014). The overall chemical reaction for this reaction is
CH3COOH => CH4 + CO2. Methylotrophic methanogenesis uses the
equivalent of the last two steps of hydrogenotrophic methanogenesis,
converting methylated substrates into methyl-S-CoM (methyl-sulfhy-
dryl-coenzyme M) (Costa and Leigh, 2014). Examples of reactions
carried out by methylotrophic methanogens include use of methanol (4
CH3OH => 3 CH4 + CO2 + 2 H2O), formate (4 CHOOH =>
CH4 + 3 CO2 + 2 H2O), trimethyl amine (4 (CH3)3N + 6 H2O => 9
CH4 + 3 CO2 + 4 NH3), and dimethylsulfide (2 (CH3)2S + 3
H2O => 3 CH4 + CO2 + H2S).

Microbially mediated methanogenesis imparts a negative signal
upon the produced methane due to preferential selection of 12C.
Typically, CH4 with δ13C values more negative than −50‰ are as-
sumed to be biogenic, while less negative values are assumed to be
derived from abiotic thermogenic breakdown of organic matter, but the
signals can overlap (Whiticar, 1999). The final δ13C value of CH4 is
dependent upon the δ13C value of the C source substrate, as well as
other factors such as methanotrophy (biologically-mediated oxidation
of CH4) and diffusion effects. Measured fractionation factors for CH4

generated in pure culture experiments suggest some ability to associate
values with specific pathways, though there is significant overlap in
fractionation factors for different pathways as well as with fractiona-
tions determined from abiotic experiments (Table 2). This overlap is
further complicated by effects from environmental conditions such as
temperature and pressure (e.g., Takai et al., 2008) and substrate con-
centration (e.g., Londry et al., 2008; Goevert and Conrad, 2009), as well
as differing δ13C values of C substrate. However, all forms of biogenic
methanogenesis instill a δ13C fractionation resulting in CH4 more ne-
gative than its C source, and methanotrophic organisms (which gain
energy from oxidizing CH4, and convert CH4 into biomass) consistently
have biomass δ13C values reflecting that (−29 to −85‰, Schidlowski,
2001).

4.4. Fermentation

Prior to the presence of free oxygen, anaerobic heterotrophic
breakdown of organic matter was the primary driver of biological
biomass degradation for cycling organic carbon back into the carbon
cycle. Larger organic molecules are broken down by specific enzymes:
polysaccharides (such as cellulose, pectin, and starch) can be hydro-
lyzed to glucose (via cellulases, pectinases, and amylases); lipids can be
converted into long-chain fatty acids by the action of lipases; and
proteins can be hydrolyzed to amino acids via proteases (with amino
acids further broken down into fatty acids and ammonia). Fatty acids
can be broken down anaerobically, such as by H2-producing acetogenic
bacteria via different reactions depending on whether there is an odd or
even number of carbons in the fatty acid. As examples, 4-carbon bu-
tanoic acid is broken down into acetic acid and hydrogen following the
reaction: C4H8O2 + 2 H2O => 2 CH3COOH + 2 H2, and 5-carbon
pentanoic acid into propanoic acid, acetic acid, and hydrogen following
the reaction: C5H10O2 + 2 H2O => C3H6O2 + C2H4O2 + 2 H2.
Glucose can be broken down anaerobically through processes such as
fermentation, producing CO2 and ethanol (e.g., C6H12O6 => 2
CH3COOH + 2 CO2); and mixed acid fermentation which can produce a
wide array of end products such as lactic acid, acetic acid, formate,
ethanol, CO2, and H2 (e.g., C6H12O6 + 4 H2O => 2 CH3COOH + 2
CO2 + 4 H2 + 2 H2O).

Currently, the effects of fermentation on the carbon isotopic signal
in the rock record are poorly constrained, but recent work on fractio-
nation imparted through fermentation in pure culture and environ-
mental studies provide some insight. Pure culture experiments have
demonstrated that fermentation of glucose can impart different frac-
tionations on the δ13C values of end products, including ethanol (−6.9
to −13.0‰), acetic acid (+4.0 to +8.0‰), and lactose (−1.6 to
−6.1‰) as well as biomass (−1.4 to −5.9‰) (Penning and Conrad,
2006). Furthermore, fractionation of δ13C values of acetic acid gener-
ated from the fermentation of polysaccharides (from cellobiose: +4.5
to +8.8‰, Penning and Conrad, 2006; from pectin: +5.5‰, from
xylan: +2.1‰, from starch:−2.6‰, Botsch and Conrad, 2011) as well
as propionic acid generated from the fermentation of polysaccharides
(from pectin: −4.0‰, from xylan: −7.6‰, from starch: −7.9‰,
Penning and Conrad, 2006) suggest the potential for a complex carbon
isotope effect. Comparison of analyses in multiple environmental set-
tings show acetic acid δ13C values are generally enriched by +1.5 to
+16.3‰ compared to the total organic carbon, while incubation ex-
periments with environmental samples show a much greater range,
with acetic acid enriched by −6.4 to +26.7‰ (Heuer et al., 2006).
Anaerobic incubations of sediments and soils in the presence of CH3F
(which inhibits the activity of acetoclastic methanogens) showed acetic
acid δ13C values fell between −10 to +10‰ of the δ13C values of the
total organic carbon (Conrad et al., 2014). These results suggest that
acetic acid consuming metabolisms favor isotopically lighter acetic
acid. Fermenters grown exclusively on glucose or cellobiose had bio-
mass δ13C values that indicated preferential incorporation of iso-
topically light carbon (δ13C enrichments of −1.4 to −5.9‰ and −0.1
to −1.7‰, respectively, Penning and Conrad, 2006), though results of
pure culture experiments with SROs grown on acetic acid showed
biomass δ13C enrichments that ranged from −7.4 to +8.6‰ (Londry
and Des Marais, 2003; Goevert and Conrad, 2008), indicating more
study is needed. From these studies, we tentatively postulate that ac-
cumulation of fermenter biomass at the expense of organic carbon in
sediments would tend to result in organic carbon deposits composed of
significant fermenter biomass more negative, while biomass generated
from the products of fermentation will depend on the fermentation
product consumed.

5. Electron transfer and geologic processes

A simplified conceptual cartoon to illustrate the movement of
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electrons (e−) through the surface system of earth and means for
transporting reducing power between the mantle and surface is pre-
sented (Fig. 4). For the carbon system, volcanism releases CO2 into the
atmosphere, which can be reduced to organic carbon (represented by
CH2O) through either oxygenic photosynthesis (utilizing photons to
break the HeO bonds in water, and producing O2) or anoxygenic
photosynthesis (represented by the photolytic breakdown of H2S, gen-
erating S0). Through incomplete reoxidation of the produced organic
carbon and burial of that reduced material, the reducing equivalent of 4
e−s are removed from the surface. If that organic material is then
subducted and delivered into the mantle, the CH2O is oxidized to CO2,
and the 4 e−s are effectively removed from the surface. In the sulfur
system, sulfur can be delivered either as the more oxidized SO2 through

subaerial volcanism, or as H2S (through the reaction of H2S with H2,
Table 1) through subaqueous volcanism. In the surface system, SO2 can
be combined with H2O to produce sulfite, or it can undergo photolysis
(the process that can impart a MIF signal) to generate SO3 or S0. The
SO3 can then react with H2O to generate SO4

2−, and disproportionation
can convert SO3

2− or S0 into SO4
2− and H2S (Table 1). Biological

sulfate reduction and oxidation can then intermix these pools of sulfur,
and sulfide can be sequestered at pyrite or SO4

2− as sulfate minerals.
Upon subduction, all sulfate and sulfide minerals are converted into SO2

in the mantle, and pyrite will deliver 5 e−s to the mantle upon con-
version to SO2 while sulfate will consume 2 e−s. When the SO2 is
converted to H2S during subaqueous volcanism, there is a delivery of 6
e−s to the surface from the mantle. Thus, burial and/or subduction of

Fig. 4. Conceptual cartoon illustrating the movement of
reducing power between the surface, crust, and mantle
through the carbon and sulfur cycles.

Fig. 5. Cartoon of the geologic carbon cycle. Arrows and reactions indicate transformations of carbon. Coefficients of reactions are in Tmol/yr. Each reaction can be assigned a vector
quantity which indicates the impact of the transformation on mass, isotopic mass, acid-base (alkalinity), and redox (O2) from the perspective of the ocean-atmosphere system. For instance
the oxidation of organic carbon contributes 9 Tmol·yr of carbon to the ocean-atmosphere system, and −25 ∗ 10 =−250 Tmol ‰ of carbon isotopic mass units. The reaction has no
impact on alkalinity, and 10 Tmol/yr of O2 are consumed by it.
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pyrite sourced from SO2 results in removal of 5 e−s from the surface,
while burial of sulfate results in the addition of 2 e−s. A conceptual
model representing the carbon cycle demonstrates the influences of the
carbon transformations on mass, isotopic mass, alkalinity, and redox for
the ocean-atmosphere system (Fig. 5).

6. Rock record and theoretical contextual information

Multiple lines of direct and indirect contextual information relating
to the redox evolution of the Earth's surface are available from the
literature to elucidate the setting for and effects of the evolving earth
and developing biosphere on the sulfur and carbon isotope systems.
These include geologic and geochemical analyses and interpretation of
the rock record, including mantle cooling; crustal thickness, cycling,
and formation; and redox-related evidence. This section briefly de-
scribes and summarizes the current knowledge of the contextual com-
ponents which are shown in Fig. 6.

6.1. Apparent percent melt and preserved crustal thickness

Estimates for rates of stable continental crust growth have been
undertaken based on geochemical analyses. Rates of continental land-
mass accumulation are based on element composition analyses of

crustal material (Taylor and McLennan, 1995; Fig. 6B, darker grey line)
or on Th-U-Nd systematics of the mantle (Collerson and Kamber, 1999;
Fig. 6B, lighter grey line). A higher temperature mantle will produce a
greater percentage of melt, while a cooler mantle would allow for
preservation of generated crustal material. Apparent percent melt
(APM) decreasing with time is consistent with secular cooling of the
mantle as heat was lost from surface cooling coupled to a decline in
radiogenic decay heat production (Keller and Schoene, 2012). A high
APM during the Eoarchean (4.0 to 3.6 Ga) (Fig. 6A) is consistent with
the presence and recycling of Hadean crust through delamination until
circa 3.6 Ga. This also suggests slow recycling and a long residence time
(~750 Ma) for the initial Hadean crust that crystalized from the magma
ocean that followed the moon-forming impact (Roth et al., 2014). The
Eoarchean and Paleoarchean (3.6 to 3.2 Ga) was the time of the for-
mation of the oldest cratons (e.g., Kaapvaal in South Africa, Wyoming
and Slave in North America, Pilbara in Australia, Dwarhar in India).
Preserved crustal thickness (PCT) decreasing from the Eoarchean to the
Paleoarchean would be consistent with a transition from a delamina-
tion-dominant to a subduction-dominant regime, with older Hadean
crustal material being replaced with thinner spreading-derived oceanic
crust, and stabilization of small, thicker cratons (Fig. 6A). Increasing
PCT through the Paleoarchean, Mesoarchean (3.2 to 2.8 Ga), and
Neoarchean (2.8 to 2.5 Ga) are consistent with increasing continental

Fig. 6. Rock record data related to sulfur chemistry and the history of oxidation of the earth's surface. A) Apparent percent melt (APM) and preserved crustal thickness (PCT) adapted
from modeling by Keller and Schoene (2012) of composite igneous rock record data. B) Percent of continental crust formed according to Taylor and McLennan (1995) (darker grey line)
and Collerson and Kamber (1999) (lighter grey line) and occurrence of subaqueous (black) and subaerial (white) large igneous province (LIP) formation through time, tallied into 0.10 Ga
bins. LIP data from Kump and Barley (2007). C) Percent of estimated global iron ore deposits (as banded iron formations, or BIFs) and percent of estimated global Mn ore deposits, tallied
into 0.10 Ga bins. Iron ore data (black bars) from Bekker et al. (2010), Mn ore data (white bars) from Maynard (2010) and Gumsley et al. (2017). Note logarithmic scales. D) Other rock
record data related to the oxygenation of the earth's surface. Oxygenation evidence from Anbar et al. (2007); Wille et al. (2007); Holland (2009); Frei et al. (2009); Crowe et al. (2014);
and Gumsley et al. (2017). Paleosol information from Rye and Holland (1998). Red beds and detrital grain information from Catling and Claire (2005). Detrital uraninite information from
Johnson et al. (2014). Support for a hazy atmosphere during the Archean from Wolf and Toon (2010). Initiation of assembly of Archean cratons into stable continents (It = putative first
continent ‘Itsaqia’, Ur = ‘Ur’, Ke = ‘Kenorland’, Ar = ‘Arctica’, At = ‘Atlantica’, Ba = ‘Baltica’, Co = first supercontinent ‘Columbia’) from Rogers and Santosh (2003); Lubnina and
Slabunov (2011); Roberts (2013); Condie (2014); Nutman et al. (2015); and Gumsley et al. (2017). Glaciation timing from Young et al. (1998); Rasmussen et al. (2013); and Gumsley et al.
(2017).
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mass, and stabilization of PCT through the Paleoproterozoic (2.5 to
1.6 Ga) suggests a relative steady state for continental crust production
and destruction. Alternatively, an interpretation of Rb/Sr ratios in ju-
venile crust going back to the Hadean as an indicator for differentiation
suggests new crust formed prior to ~3 Ga was predominantly mafic,
suggesting subduction was not a major driver of differentiation of
crustal material until this time (Dhuime et al., 2015).

6.2. Tectonic setting and continent formation

Continental formation heralds the amalgamation of cratons to form
stable continents—platforms capable of maintaining sedimentary de-
posits for long periods of time and allowing protection of substantial
amounts of materials from crustal recycling. The first continent
(‘Itsaqia’) is posited to have begun assembly circa 3.66 Ga, suggesting
the initiation of subduction and a Wilson Cycle as early as 3.9 Ga
(Nutman et al., 2015). Evidence for the assembly of a large continent
include is evident around 2.7 to 2.6 Ga (‘Kenorland’) and the first su-
percontinent around 2.0 to 1.7 Ga (‘Columbia’) (Roberts, 2013; Condie,
2014). Assembly of smaller continental masses include ‘Arctica’ starting
~2.5 Ga, and ‘Atlantica’ and ‘Baltica’ starting ~2.1 Ga (Rogers and
Santosh, 2003; Condie, 2014). The beginning of the assembly of smaller
cratons into larger continental land masses serves as an indicator of
modern style plate tectonics (Fig. 6D), though some have used geo-
chemical modeling of formation of tonalite-trondhjemite-granodiorite
cores of Archean cratons to suggest subduction may not have initiated
until 3.5 Ga (Johnson et al., 2017). Others have argued based on shifts
in bulk MgO compositions of Archean upper continental crust to suggest
an onset of subduction as late as 3.0 Ga (Tang et al., 2016). The pro-
gressive stabilization of cratons into continents is consistent with the
beginning of a secular increase in preserved crustal thickness starting
around 3.5 Ga (Keller and Schoene, 2012), and supports subductive
overturn of crustal material had begun by that time.

6.3. Large igneous provinces

LIPs are defined as large (areal extent > 0.1 M km2,
volume > 0.1 M km3) intraplate volcanic units characterized by the
majority of material (> 75%) emplaced over short pulses (~1 to 5 Ma)
(Bryan and Ernst, 2008). The first evidence of a subaerial large igneous
province is found on the Kaapvaal craton dated at 2.94 Ga, and marks
the beginning of a transition from predominantly submarine large ig-
neous province formation to subaerial, occurring between 2.8 and
2.5 Ga (Kump and Barley, 2007) (Fig. 6B). The eruption of subaerial
LIPs would have provided a large source of SO2 into the atmosphere.
LIP formation is linked to the rapid accumulation of continental crust
from ~3.0 to 2.0 Ga, with an estimated 70% of modern continental
landmass produced during this time (Fig. 6B).

6.4. Iron and manganese deposits

Banded iron formations (BIFs) are iron ores defined as layered,
bedded, or laminated stratigraphic units composed of ≥15% weight
iron that often contain quartz, chert, or carbonate interlayers (James,
1954; Gross, 1980). Peak BIF formation, producing over 95% of the
estimated global iron ore, occurred from ~3.2 to 1.8 Ga, with the
earliest BIFs found in the Isua terrain of Greenland. For in-depth dis-
cussion on BIFs, see Isley and Abbott (1999) and Bekker et al. (2010).
Approximately 75% of iron ore was deposited from 2.8 to 2.4 Ga, with a
second pulse from 1.9 to 1.8 Ga (Fig. 6C). The provenance of BIFs has
been linked to abiotic oxidation by oxygen produced via oxygenic
photosynthesis (Swanner et al., 2015), or to direct oxidation of Fe2+ to
Fe(III) via anoxygenic photosynthesis (Bekker et al., 2010). Modern
analogs have been described where anoxygenic photosynthesis is di-
rectly linked to Fe2+ oxidation (Crowe et al., 2008; Walter, 2011;
Walter et al., 2014). Thus, the presence of BIFs may serve as an

indicator of anoxygenic photosynthetic activity in Archean and Pro-
terozoic oceans, with the source of Fe2+ for peak BIF formation linked
to the eruption of large igneous provinces (Isley and Abbott, 1999).

Manganese ore deposits are thought to primarily form under two
regimes, either as sedimentary deposits of manganous carbonates (e.g.,
rhodochrosite - MnCO3; kutnahorite - MnCa(CO3)2) at redox transition
zones (e.g., oxic-euxinic boundary in basins) which make up over 93%
of total ore reserves, or to a lesser extent as volcanic rock hosted
(mostly as the manganese silicate braunite) deposits which make up
approximately 6% of reserves (Maynard, 2010). Of the total known
global manganese ore reserves, over 63% were deposited during the
Paleoproterozoic (Fig. 6C). The timing of the deposition of the largest
known manganous ore deposit (the Hotazel Formation of the Post-
masburg Group in South Africa, alone making up 60% of known global
manganese ore reserves) occurred between 2.42 and 2.39 Ga im-
mediately after the first of four Paleoproterozoic glaciations which has
been suggested to be a “Snowball Earth” event (Gumsley et al., 2017). A
putative link between manganese carbonate precipitation in the water
column and biologic maintenance of high manganese concentration at
the oxic-euxinic boundary of a redox stratified lake provides a potential
mechanism for precipitation of manganese ore (Havig et al., 2015), and
is consistent with the presence of oxygen oases into the Archean (Olson
et al., 2013) and possible precipitation of associated manganous car-
bonates prior to and following the GOE. An alternative interpretation
by Johnson et al. (2013) invokes the onset of a Mn-oxidizing photo-
system (a precursor to photosystem II) as the source of precipitated Mn
ores at 2.415 Ga, an idea that is challenged by evidence for free oxygen
produced apparently by pelagic cyanobacteria using photosystem II
during the Archean (e.g., Anbar et al., 2007); isotopically light 2.7 Ga
organic matter (Schidlowski et al., 1983); Archean metal and isotope
studies (e.g., Crowe et al., 2014, Reinhard et al., 2013), and mo-
lybdenum isotopes suggesting the presence of manganese oxides at
2.95 Ga (Planavsky et al., 2014).

6.5. Early hazy atmosphere

The composition and oxidation state of the atmosphere is indicated
in many aspects of the rock record (Holland, 1994). An early hazy at-
mosphere predicted for the Archean (Fig. 6D) was first proposed by
Lovelock (1988), where he described observing the Earth from space as
such: “The view would have been of a brownish-red hazy planet…” This
hazy atmosphere required a reduced atmosphere replete in methane,
which provided effective protection from UV radiation (Domagal-
Goldman et al., 2008; Haqq-Misra et al., 2008; Wolf and Toon, 2010).
Haze is generated via the production of methyl radicals (%CH3) through
photolysis of CH4, or from the reaction of CH4 with the %OH radical
(produced via photolysis of H2O). In low O2 atmospheres, methyl ra-
dicals react to form C2H6. Photolysis of C2H6 can produce C2H4 and
C2H2, and reaction of C2H6 with the %OH radical can lead to three and
four-carbon molecules. All of these organic molecules produce an ex-
tensive organic haze (Haqq-Misra et al., 2008). The presence of an or-
ganic haze would have blocked UV radiation while potentially re-
maining relatively transparent in mid-wavelengths, minimizing cooling
effects (Wolf and Toon, 2010). A UV-opaque organic haze would have
suppressed the mass independent fractionation of S in the atmosphere,
which is thought to predominantly occur due to UV radiation between
190 and 220 nm (Farquhar et al., 2001) and 250 to 350 nm (Whitehill
et al., 2013).

6.6. Detrital uraninites

Uraninite (UO2) is a redox-sensitive mineral that forms as primary
constituents of granites and pegmatites as well as in medium to high
temperature hydrothermal veins. Uraninite readily oxidizes in the
presence of oxygen, but in the absence of O2 it will weather out of rocks
and be transported to low-energy sedimentary environments to form
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placer deposits. The absence of detrital uraninite grains in deltaic de-
posits (suggesting transport over 100s of kilometers) indicates atmo-
spheric oxygen concentrations above 3.2 × 10−5 atm (Johnson et al.,
2014). Thus, the presence or absence of detrital uraninites serves as a
useful indicator for the presence of low levels of free oxygen in the
atmosphere, and their presence until 2.42 Ga serves as a constraint on
the presence of sustained free oxygen in the atmosphere (Fig. 6D).

6.7. Occurrence of red beds

Red beds derive their hue from the presence of oxidized iron, and
thus serve as an indicator of the presence of atmospheric oxygen. Red
beds carry two definitions. The first, given by Hatch and Rastall (1965)
and most widely used, define red beds in a strict sense as arenaceous to
argillaceous (sand-sized to clay-sized) clastic sedimentary rocks de-
riving a red hue from ferric oxide coating of individual grains,
with> 60% of a succession red. A second less rigorous definition was
proposed by Van Houten (1973) which defined red beds as detrital
sedimentary rocks with red ferric oxides occurring as grain coatings,
pore fillings, or dispersed within matrix clays. Currently there is no set
atmospheric O2 concentration associated with the formation of red
beds, limiting the utility of red beds to a yes/no indicator of free at-
mospheric oxygen, first observed circa 2.4 Ga (Catling and Claire, 2005;
Fig. 6D).

6.8. Iron retention in paleosols

Paleosols, loosely defined as a soil that formed on a landscape or in
an environment of the past (Neuendorf, 2005), provide another po-
tential indicator of atmospheric composition. Soils represent an inter-
face between rock and atmosphere during breakdown and weathering
of a terrestrial surface. Prior to free O2 in the atmosphere, weathering of
minerals liberated Fe2+, which would have been mobile similar to
Ca2+ and Mg2+. In contrast, in the presence of atmospheric O2, Fe2+

would be oxidized to insoluble Fe(III), precipitated as iron oxides, and
retained in the developing soil. Rye and Holland (1998) conducted a
review of Archean and Proterozoic paleosols, using a strict set of cri-
teria for classifying units as paleosols: the unit must have developed on
a homogenous parent rock; it must have been preserved in place; it
must exhibit changes in mineralogy, texture, and chemical composition
from the parent rock to the top of the soil consistent with soil formation;
and there must be identifiable soft-sediment deformation at the contact
between the proposed soil and the overlying unit. Based on this criteria,
they identified 15 definite paleosols (met all criteria) and 13 likely
paleosols (met 4 of five criteria). In paleosols with ages> 2.44 Ga,
there is evidence for iron mobilization and loss as soluble Fe2+ during
weathering consistent with very low atmospheric O2 concentrations. In
younger paleosols (formed after 2.20 Ga) there is strong evidence that
iron was retained during weathering and red beds are common in units
that overly the paleosols, consistent with atmospheric O2 concentra-
tions> 0.03 atm (Rye and Holland, 1998), and this is the time that we
assume to represent a significant increase in the concentration of free
O2 in the atmosphere (Fig. 6D). In three paleosols that fall between
those ages, the evidence for retention or loss of iron is ambiguous, but
the presence of red beds above the paleosols suggest there were inter-
mediate or fluctuating atmospheric O2 concentrations during that time.
More recent modeling efforts to estimate the pO2 for the Paleoproter-
ozoic based on Fe profiles in five paleosols that range in age from 2.46
to 1.85 Ga was done, incorporating estimates of weathering parameters
such as porewater pH, CO2 partial pressure, water flow, temperature,
and diffusion of O2 into soil (Kanzaki and Murakami, 2016). The results
of this work indicate that just prior to the GOE (at 2.46 Ga), O2 was
equal to or less than ~10–5.4 atm, whereas afterwards it ranged from
~10−5 to 10–2.5 (2.15 Ga paleosol) or from ~10–5.2 to 10–1.7 atm
(2.08 Ga paleosol). It should be noted that patterns of iron loss and
retention of redox-sensitive minerals in Mesoproterozoic paleosols

(~1.1 Ga) have been interpreted as a reduced role of O2 in weathering,
implying a lower atmospheric O2 concentration for that time period
(Mitchell and Sheldon, 2016), and indicating decreased atmospheric O2

concentrations following the Paleoproterozoic.

6.9. Glaciation events

Glacial periods on the early earth signal putative changes in atmo-
spheric composition with the loss of greenhouse gases decreasing the
atmosphere's ability to trap heat on the Earth's surface, resulting in a
cooling of the surface. Evidence for the first low latitude glaciation
event at ~2.9 Ga (Fig. 6D) is found on the Kaapvaal Craton as dia-
mictites (unsorted to poorly sorted terrigenous sediments) of putative
glacial origin within the Mozaan Group sediments of the Pongola Su-
pergroup (Young et al., 1998). The second low latitude glacial event is a
series of four glaciations that occurred from ~2.42 to 2.15 Ga (Bekker
and Holland, 2012; Hoffman, 2013; Gumsley et al., 2017).

7. Interpretation of sulfur isotope data

Using a mass balance modeling approach, we can interpret some of
the trends observed in the δ34S values in the rock record. The first order
trends that we observe in the data in periods 2, 3, and 4 (2.8 Ga to
1.5 Ga) are: an increase in the δ34S of sulfate minerals from approxi-
mately +10‰ to +40‰, a roughly parallel increase in the upper
envelope of δ34S values of sulfide minerals, and a decline of the lower
envelope of δ34S values of sulfide minerals from about 0‰ to −40‰
followed by an increase from −40‰ back to approximately 0‰.

We interpret these trends using a simple isotope mass balance model
for sulfur. At steady state, the sulfur isotopic composition of the ocean
(which is also the δ34S value of sulfate minerals precipitating from it) is
given by:

= + ∗δ S δ S f Δ34
sulfate

34
input py S

where fpy is the fraction of the total sulfur output fluxes from the ocean
that occur as pyrite, and ΔS is the fractionation imparted to sulfide
minerals during sulfate reduction and subsequent precipitation relative
to ambient sulfate in seawater and pore water. This expression is ana-
logous to the expression relating the carbon isotopic composition of the
ocean to the burial fraction of organic carbon and can be derived in the
same way. Over the timescale of interest, the input of sulfur is assumed
to have been dominated by mantle input with an isotopic composition
of approximately zero, though some have suggested significant sub-
duction of sulfides (e.g., Reinhard et al., 2013) potentially influencing
the sulfur isotope signal of sedimentary sulfides in the upper crust. We
can obtain estimates for the fraction of sulfide burial by estimating the
values of Δ from the difference between the δ34S of sulfate and sulfide
minerals and assuming that the mantle input to the surficial systems has
not deviated substantially from near 0‰. Fig. 7 shows the distribution
of the pyrite and organic carbon burial fractions obtained by randomly
drawing (statistics table presented in SOM) sulfide and sulfur δ34S from
each bin and calculating fpy.

For most of the time interval examined, the majority of calculated
fpy values (the peaks in the kernel density diagrams, Fig. 7) have a value
near 1. This observation indicates that the majority of time sulfur was
burined in reduced form. Specifically, during Period 1 (4.0 to 2.8 Ga)
the median values of sulfide minerals is 0.5‰, which is sufficiently near
the value of mantle to suggest that pyrite was the predominant species
of sulfur being removed from the ocean. That the fractionation was
likely close to 5‰, as indicated by the median isotopic value of sulfate
minerals which is 4.67‰. Locally increased availability of sulfate might
account for sulfide minerals with negative δ34S values which occur from
3.5 to 3.2 Ga. Mechanisms for increased fractionation might include
“oxygen oases” (Olson et al., 2013), “whiffs of O2” (Anbar et al., 2007),
or the production of sulfate via anoxygenic photosynthesis (Thompson
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et al., 1990) and/or disproportionation (Janssen et al., 1996; Canfield,
2001) prior to biological sulfate reduction (BSR). Period 2 is marked by
a decrease in the lower envelope of δ34S values of sulfide minerals from
approximately 0‰ to approximately −40‰ concomitant with an in-
crease in the upper envelope of δ34S of sulfate and sulfide minerals from
approximately +10‰ to approximately +20‰. This is consistent
with increased fractionation with increased availability of sulfate above
the limiting value of 200 μM (Habicht et al., 2002). However, it should
be noted that others have documented δ34S fractionation via BSR in an
Archean ocean analog that suggest BSR can occur at sulfate con-
centrations of over an order of magnitude lower values (Crowe et al.,
2014), and that kinetic effects can be influenced by reservoir effects at
concentrations> 200 μM (Gomes and Hurtgen, 2013), and can also be
influenced by the type of sulfate reducer (Bradley et al., 2016). Period 3
(2.45 to 2.00 Ga) has a mode with distinctly lower fpy values which are
mostly driven by a decline in the average δ34S values of sample sin this
interval, possibly driven by increased oxygen availability during the
GOE. During Period 4 the δ34S values of both sulfate and pyrite rise,

though the difference between them remains constant, and consistent
with a high value of fpy. These high values of fpy where then sustained
throughout the duration of the Proterozoic and potentially were related
to preferential subduction of pyrite and removal of 34S depleted sulfur
from the surficial system (Canfield, 2005).

Sulfur isotopic signals are potentially influenced by many biological
and abiotic processes, and interpretation of signals found in the rock
record requires knowledge of the fractionation associated with each
process. Bonds between heavier isotopes are slightly stronger than
those between lighter isotopes, and as a result, biological processes
preferentially break the bonds of lighter isotopes (in the case of sulfur,
selecting 32S over 34S). This isotopic selectivity produces a mass-de-
pendent fractionation. Each biologically mediated pathway can yield a
range of isotopic fractionations and on the substrates and products
(discussed in detail above). Fractionation is also influenced by resource
limitation—decreased fractionation is observed when substrates are
only available in limiting amounts. An example of this is biological
sulfate reduction (BSR), which is a multi-step process that can produce

Fig. 7. Sulfur and carbon isotopic composition and calculated fraction of burial (fpy and forg). Data binned according to time periods described in text. Each bin was randomly subsampled
1000 times and fpy or forg calculated on the pairs of points (shown in red) drawn from the reduced and oxidized species. The resulting calculated distribution for fpy and forg is plotted in
the right two columns, once as a box plot and once as a kernel density plot.

J.R. Havig et al. Earth-Science Reviews 174 (2017) 1–21

13



sulfides up to 78‰ more 32S depleted than the source sulfate (Brunner
and Bernasconi, 2005). However, below a threshold sulfate con-
centration of ~200 μM, substrate limitation leads to sulfide produced
with δ34S values that are indistinguishable from the sulfate pool
(Habicht et al., 2002). Known fractionations for representative reac-
tions involving sulfur compounds are presented in Table 1. Thus, lower
sulfate concentrations were likely responsible for curtailed fractiona-
tions in Period 1.

An abiotic process that can influence the fractionation of sulfur
isotopes is photolysis of SO2 in the atmosphere. Anomalous δ33S and
δ36S values discovered in rocks older than 2.4 Ga was explained
through experiments exposing SO2 to ultraviolet radiation (Farquhar
et al., 2001). At wavelengths< 220 nm, SO2 breaks into either ele-
mental sulfur (which is stable as an eight-atom ring, or S8) or SO3 which
combines with H2O to form sulfuric acid (H2SO4). This process imparts
a distinct mass-independent fractionation, with enrichment of 33S and
depletion of 36S in S8 and depletion of 33S and enrichment of 36S in
H2SO4 (Farquhar et al., 2001). Recent work suggests MIF production
can also occur at longer wavelengths of 250 to 350 nm (Whitehill et al.,
2013).

8. Interpretation of carbon isotope data

The carbon isotope signal preserved in the rock record is the product
of many processes. One process that is directly linked to and driven by
the action of life is the isotopic value of carbonates and organic carbon.
Mantle-derived carbon has a δ13C value of −8 to −5‰ (Exley et al.,
1986; Javoy et al., 1986; Deines, 2002; Horita and Polyakov, 2015),
and is released to the surface as CO2 via volcanism. Through the study
of the better-preserved Phanerozoic rock record and modern carbon
cycling systems, a fundamental relationship was observed between re-
moval of carbon from the general ocean DIC pool as organic material
preferentially enriched in 12C through biological fixation of CO2 (dis-
cussed in detail above) and concomitant enrichment of the DIC pool in
13C. The resulting ocean DIC values (recorded as carbonates, assuming
carbonates precipitated from the DIC pool experience minimal fractio-
nation,< 1‰, Zeebe and Wolf-Gladrow, 2001) are related to the re-
moval of organic carbon through biologic CO2 fixation by the fractio-
nation imparted through fixation, and the fraction of DIC carbon
removed as organic carbon. This relationship is described through the
equation:

= +δ C δ C f (Δ )13
carb

13
mantle org c

where δ13Ccarb is the δ13C value of the ocean DIC, δ13Cmantle is the δ13C
value of carbon inputs into the surface system (e.g., from the mantle
through volcanism), forg is the fraction of total carbon that is removed
and sequestered as organic carbon, and Δc is the fractionation factor
imposed on the organic carbon removed by biologic CO2 fixation. As-
sumptions used for this relationship include δ13Cmantle to be ~−5 to
−6‰ based on measurements made of modern mid-ocean ridge sam-
ples, δ13Ccarb values recorded as carbonate minerals precipitated from
the ocean, and Δc based on a fractionation factor of 25‰ derived from
carbon fixation via RuBisCO (such that from a CO2 source with a δ13C
value of 0‰, biomass produced from CO2-fixation would have a δ13C
value of −25‰). Using these assumptions, this relationship has been
used to describe trends in δ13C values for carbonates and organic
carbon found in Phanerozoic rocks, and to make predictions about the
oxygenation of the Earth's surface. Solving for forg, we can use values
from the rock record to estimate δ13Ccarb and Δc to calculate the fraction
of organic carbon buried in order to maintain δ13C values observed. A
caveat in estimating the fractionation based on the δ13C values of or-
ganic carbon must be noted when dealing with Archean and Paleo-
proterozoic biosphere. There are multiple pathways for CO2-fixation
present today, all of which impart fractionation factors that can be
dramatically different (Table 2). Furthermore, methanogenesis and

methanotrophy likely played larger roles in carbon cycling, potentially
shifting buried organic carbon δ13C values to more negative values.
Nonetheless, regardless of the variability of δ13C fractionations oper-
ating at any given time, it is the average of the aggregate organic
carbon burial flux that determines the isotopic composition of the ocean
atmosphere pool.

This relationship can provide a useful framework for interpreting
the fraction of organic carbon buried during the Archean and
Paleoproterozoic, based on measured carbonate and organic carbon
δ13C values, and assuming the mantle signal measured today has been
similar through earth history. For Period 1, the average carbonate value
is 0.7‰, and the majority of organic carbon δ13C values fall between
−25 and −35‰. These values yield forg that are similar to the modern
value of 0.20 (Fig. 7). This suggests a burial efficiency during Period 1
that was similar to that of modern-day processes. Period 2 has an
average carbonate δ13C value of −1.1‰, and organic carbon δ13C
values that fall between−30 and−45‰. The calculated forg values for
Period 2 are lower than Period 1 (Fig. 7). This suggests increased
carbon processing by methanogens and subsequent oxidation and in-
corporation by methanotrophs (Schidlowski et al., 1983), consistent
with increased input of sulfate due to oxidation of pyrite on continental
surfaces leading to enhanced organic carbon breakdown by SRO. Period
3 presents two regimes. The first is with an average carbonate δ13C
value of ~0‰ and organic C δ13C values of that mostly fall between
−23 and −39‰. The second is during the Lomagundi-Jatuli carbon
isotope excursion (LoJat-CIE), during which most carbonate δ13C values
fall between 0 and +8‰ and organic C δ13C values of between −24
and −35‰. This shift results in the highest calculated forg value of
0.24, suggesting a shift to less carbon cycling by methanogens/me-
thanotrophs and more effective transfer of fixed carbon to sediments.
Period 4 has an average carbonate δ13C value of −0.3‰ and organic C
δ13C values between −25 and −34‰ giving forg values 0.15. The
model by which we calculate forg is the simplest possible one, and thus
represents the baseline for the interpretation of the carbon isotopic
record. Other models have been proposed, most notably ones that in-
corporate a burial flux of isotopically reduced carbonate. One hypoth-
esis involves carbonation of basalts in mid-ocean ridges in an iso-
topically stratified ocean (Bjerrum and Canfield, 2004), but the validity
of this hypothesis has been challenged (e.g., Fischer et al., 2009). An-
other model involves precipitation of authigenic carbonates in sedi-
ments during anaerobic respiration of carbon (Schrag et al., 2013). In
both of these models a fraction of the organic carbon buried is oxidized
and incorporated into the carbonate burial flux thus leading to an iso-
topically depleted signature of that carbonate flux. The net result is a
transfer of isotopically light carbon from the organic carbon burial flux
to the carbonate burial flux, Given sufficient magnitude this type of
carbonate burial could lead to a high value of δ13Ccarb (in continental
shelf sediments) even at relatively low rates of organic carbon burial.
Presently, constraints on the magnitude of this flux are lacking, and
thus the calculation provided here should be taken as a conservative
upper envelope of possible values. If isotopically depleted carbonates
precipitated in sediment pore space were an important component of
the ancient carbon cycle, then the forg values calculate here would be
proportionately lower.

The effects of alteration on the organic carbon δ13C signal resulting
from increasing metamorphism of sedimentary rocks will drive a shift
towards the positive and thus interpretation of organic carbon δ13C
values is not straightforward (Hayes et al., 1983). To quantify this ef-
fect, H:C ratios of kerogen in Archean and Proterozoic samples linked to
metamorphic facies can be used to estimate the alteration of the δ13C
signal in the older samples, ranging from 0 to an increase of up to 10‰
(Hayes et al., 1983). Systematic increase in kerogen δ13C values with
decreasing total organic carbon (TOC) content has also been observed,
with δ13C values increasing by 6‰ for each order of magnitude de-
crease in TOC. This indicates that low TOC samples with more positive
δ13C values may be a result of extensive loss of the initial organic
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carbon deposited, as opposed to low initial organic carbon content with
a more positive value. For this compilation, we acknowledge that these
effects are likely present, and if they are present and systematic, then
the lowest values and the differences between the inorganic and organic
C δ13C values will be greater and more pronounced. As the Isua
Greenstone Belt samples have been extremely metamorphosed (to
amphibolite facies) and undoubtedly altered (Hayes et al., 1983), we
have plotted those analyses within brackets to signify that they should
be interpreted with great caution (Fig. 1C, D).

9. Synthesis: interpreting carbon and sulfur isotopes through the
Archean and Paleoproterozoic

The isotopic records of carbon and sulfur as well as the evolutionary
history of biologically mediated carbon and sulfur cycling discussed
above aid in interpreting signals imparted in the rock record by bio-
geochemical cycles over time represented by the rock record. Below we
discuss these data in the framework of the periods defined before. The
following synthesis represents the culmination of our interpretations of
the patterns we have observed in the compiled data. We acknowledge
there are alternative interpretations for many of the signals found in the
rock record—the aim of our synthesis is to add to the discourse and help
drive further work towards a unified interpretation.

9.1. Period 1: 4.0–2.8 Ga

9.1.1. The beginnings of Earth system dynamics
This 1200 million year period includes a transition from delamina-

tion-dominant crustal cycling to subduction-dominant cycling, which
increased collisional contact between the early cratons and provided
the first avenues for the cycling of surface crustal material and sedi-
ments into the mantle (Korenaga, 2013 and references therein). It is
presumed that Hadean mafic to ultra-mafic crust under a warm ocean
would precipitate a large mass of carbonate material (Coogan and
Dosso, 2015), and that carbon would be locked in the surface crust
under a delamination-dominant crustal cycling regime (Fig. 6D). A
suggested putative first continent (‘Itsaqia’, Nutman et al., 2015)
forming circa 3.6 Ga would be consistent with subduction occurring at
that time. Initiation of subduction would then begin the process of re-
cycling the carbon locked in the oceanic crust back into the earth sur-
face system as subduction consumed this early crust. In a subduction-
dominant regime, ocean crust is cycled over 100 to 200 Ma timescales
while continental material can be stable for billions of years. Thus, the
formation of stable continental landmass would have provided stable
surface area for the accumulation of carbonate, organic carbon, and
pyrite. The increase in preserved crustal thickness during this time is a
reflection of the increase in continental land mass (Fig. 6B). Sulfide and
sulfate δ34S values indicate mantle sources dominate the surface sulfur
pools (Fig. 1A, B), but changes in the range in sulfide values and the
lack of sulfate minerals are suggestive of changes in biological proces-
sing, presumably due to the emergence of life and subsequent evolution
of enzymes.

Molecular clock analysis supports the hypothesis that methano-
genesis evolved during the Eoarchean and anoxygenic photosynthesis
sometime during the Paleoarchean (Fig. 8)(Walker, 1977;
Wächtershäuser, 1990; Battistuzzi et al., 2004). However, calculating
rates of evolution and divergence is complicated and usually results in
very wide confidence intervals (Davín et al., 2016). Furthermore, mo-
lecular clocks are often linked to geologic proxies, biomarkers, or mi-
crofossils. Microfossils are rare and controversial and biomarker and
geologic proxies can rarely be tied to a single metabolism or taxonomic
group. Regardless, the increased occurrence of BIFs in the rock record
following 3.6 Ga (Isley and Abbott, 1999) has been suggested to be due
in part to anoxygenic photosynthesis using Fe2+ as an electron donor,
generating insoluble Fe(III) (e.g., Kappler et al., 2005). Anoxygenic
photosynthesis involving the oxidation of sulfide would necessitate the

presence of the molecular machinery required to oxidize sulfide. Also,
the presence of small amounts of sulfite as a result of volcanic SO2

(which would be released from subaerial volcanism) combining with
water would provide an oxidized electron donor in a largely reduced
ocean. We postulate that sulfide oxidation and dissimilatory sulfite
reduction are two of the most ancient sulfur-associated metabolisms,
and would likely have developed by 3.5 Ga (Fig. 8). Sulfide δ34S values
prior to 3.6 Ga fall close to the mantle value (Fig. 1A), indicating
minimal transferal of a fractionation signal to the rock record, con-
sistent with complete reduction of any oxidized sulfur compounds and
with the minimal fractionation associated with sulfide oxidation
(Table 1).

Sulfide δ34S values as negative as −29.6‰ with concurrent sulfate
δ34S values ranging from 0.7 to 13.0‰ (Fig. 1A, B) fall within the range
of sulfide δ34S values (−45.2 to −3.0‰) and sulfate δ34S values (1.0
to 30.9‰) expected to result from microbial disproportionation of in-
termediate redox sulfur compounds such as S0, S2O3

2−, and SO3
2−

(Table 1). This is consistent with microorganisms capable of gaining
energy through the transformation of S0, S2O3

2−, or SO3
2− into sulfide

and sulfate around 3.5 Ga, which is in turn consistent with the presence
of sulfate minerals after 3.6 Ga. With the ocean sulfate concentration
thought to be limiting for biological sulfate reduction, it is likely that
there would be little fractionation by sulfate reducers at this time. This
onset of microbially mediated disproportionation has been suggested
from multiple sulfur isotope work in the 3.5 Ga Dresser Formation
(Ueno et al., 2008). Anoxygenic phototrophs could have produced in-
termediate sulfur compounds (through oxidation of sulfide) that would
serve as an energy source for disproportionation. Both anoxygenic
photosynthesis and disproportion can generate sulfate as an end

Fig. 8. Predicted onset of sulfur-related metabolisms based on geologic and geochemical
evidence (black vertical bars), and estimates from molecular clock calculations (white-
filled circles, with white-filled bars representing error range of estimate). Molecular clock
estimates of initiation of metabolisms from Battistuzzi et al. (2004) and Boyd et al.
(2011).
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product, and could have provided a source of sulfate in the oceans until
the concentrations rose above the energetic threshold for biological
sulfate reduction to be viable (i.e., 5 to 77 μM (Ingvorsen and
Jørgensen, 1984; Lovley and Klug, 1986)) by 3.25 Ga.

Δ33S and Δ36S signals recorded in sulfide and sulfate from ~3.55 to
~3.25 Ga are consistent with photooxidation driving MIF, breaking
down SO2 into SO3 with negative Δ33S and positive Δ36S values and
elemental sulfur (as S8) with positive Δ33S and negative Δ36S values
(Fig. 2). SO3 would then combine with H2O to form sulfate and protons.
The muted signal from S8 indicates the presence of biological sulfur
disproportionation, which would result in S8 being partitioned into
both the sulfide and sulfate pools, resulting in a weak MIF signal in
sulfate and a stronger MIF signal in sulfide (Fig. 2). It should be noted
that recent work has brought into question the dogma of negative Δ33S
and positive Δ36S values associated with sulfate in MIF signals of the
rock record (e.g., Watanabe et al., 2009; Paris et al., 2014).

Under ideal conditions, bacterial sulfate reduction generates frac-
tionations in the end product sulfide that approach −80‰ (Table 1;
Brunner and Bernasconi, 2005). However, at low sulfate concentrations
(< 200 μM), isotopic selectivity via biological sulfate reduction is in-
hibited (e.g., Habicht et al., 2002; Bradley et al., 2016). The dis-
appearance of the δ34S disproportionation fractionation signal, coupled
to a paucity of sulfate minerals in the rock record, all suggest the pre-
sence of sulfate reducing organisms after ~3.25 Ga and implies evo-
lution of the first metabolic pathway for reduction of sulfate to sulfite
(Fig. 8). This is consistent with an apparent reduction of the Δ33S signal
following ~3.25 Ga suggesting more intense sulfur cycling in the water
column was occurring, limiting the potential for transfer of MIF signal
to the rock record (Fig. 2A).

Organic carbon δ13C values during Period 1 (ignoring the Isua va-
lues) are consistent with those associated with biomass of modern
methanogens (~−41 to −5‰) and anoxygenic phototrophs (~−36
to −9‰) (Schidlowski et al., 1994; Schidlowski, 2001). Molecular
clock analysis suggests methanogenesis developed by 3.6 Ga, if not
hundreds of millions of years earlier, and that anaerobic methano-
trophy developed between 3.5 and 2.5 Ga (Fig. 8). Modern methano-
trophic bacterial biomass can have δ13C values that range from −85 to
−29‰ (Schidlowski, 2001). The dip in organic C δ13C values circa
2.9 Ga to values as low as −44.3‰ would be consistent with the de-
velopment of methanotrophy at that time as that value is more negative
than any modern microbial biomass produced by methanogens or via
known carbon fixation pathways (Table 2). A reduction of methane
delivery to the atmosphere due to methanotrophy could have reduced
methane concentrations in the atmosphere, which may have played a
part in initiating the glacial event at that time due to a decrease in the
greenhouse effect (Fig. 6D).

Methanotrophy via anaerobic oxidation of methane (AOM) is car-
ried out with sulfate, nitrate, nitrite, Fe3+, or Mn4+ as electron ac-
ceptors (Beal et al., 2009; Knittel and Boetius, 2009; Ettwig et al.,
2010), providing indirect evidence for the production of oxygen in the
water column that would be required to generate Mn4+ or the oxidized
anions nitrate and nitrite. This conclusion is consistent with geochem-
ical proxies that suggest oxygenic photosynthesis was occurring prior to
the GOE and as early as 3.0 Ga (Fig. 6D) as well as molecular clock
estimates (Fig. 8; Battistuzzi et al., 2004). We postulate that anaerobic
methanotrophy evolved around 3.0 to 2.9 Ga, concurrent with oxygenic
photosynthesis (Fig. 8). The coupling of methanotrophy to sulfate re-
duction may have played a part in the paucity of sulfate minerals in the
rock record from 3.0 to 2.8 Ga (Fig. 1B) due to complete biological
reduction of any produced sulfate.

The first geochemical signs of photosynthetic oxygen production
(Fig. 6D, e.g., Anbar et al., 2007; Crowe et al., 2014; Reinhard et al.,
2013; Planavsky et al., 2014) are found in rocks following the accu-
mulation of cratons into the first stable continent (‘Ur’ starting circa
3.0 Ga from the assembly of the Kaapvaal, Dharwar, Bhandara,
Singhbhum, and Pilbara cratons; Rogers and Santosh (2003). This

suggests the increased volume of shallow sea/restricted basin niche
space and stable surface for sediment sequestration was a key compo-
nent to accelerating the oxidation of the Earth's surface. Overall, there
would have been a transition from predominantly ferruginous oceans in
the Eoarchean to the first redox-stratified ocean and the potential for
local euxinic conditions.

9.2. Period 2: 2.8–2.45 Ga

9.2.1. The buildup to the GOE
Period 2 coincides with a pulse in large igneous province (LIP)

production (Fig. 6B) and building of large amounts of crustal material
and the formation the first proposed supercontinent (‘Kenorland’
starting circa 2.7 Ga from the assembly of the Superior, Karelia, Zim-
babwe, Kaapvaal, and Pilbara cratons, Rogers and Santosh, 2003;
Lubnina and Slabunov, 2011). Coinciding with a period of increased LIP
formation (Fig. 6B) is the start of intense BIF formation culminating at
the end of this period (Fig. 6C). The area of stable continents at this
time was equivalent to ~50% to 75% of modern equivalent (Fig. 6B),
providing stable continent surface where sediments could be seques-
tered and produced shallow basin space where productivity and cycling
would have driven isotopic effects in the sulfur and carbon cycles (e.g.,
Hayes et al., 1983). Basins at this time would have been predominantly
populated by anoxygenic phototrophs in the sunlit portion of the water
column and methanogens, fermenters and SRO in the deep water and
sediments. Oxygenic photosynthesis would have been confined to the
upper portions of the water column and/or continental surfaces where
environmental conditions permit.

Sulfate minerals are consistently present in the rock record during
Period 2, suggesting the sources of sulfate generation are greater than
sulfate reducers can consume, reflected in the increasing spread of
sulfide δ34S values (Fig. 1, 3). The increase of sulfate δ34S values during
this time (Fig. 1, 3) suggests there was a persistent source of sulfate to
the oceans.

The spread in sulfide and sulfate Δ33S and Δ36S signals during this
period increased dramatically (Fig. 2). This could be due to an increase
in SO2 delivered to the atmosphere. Increased subaqueous large igneous
province generation (Fig. 6B) and ocean floor spreading would have
released large amounts of sulfide and Fe2+ into the ocean, providing
more energy for anoxygenic phototrophs, possibly linked to the in-
creased BIF formation (Fig. 6C). The presence of continental landmass
would provide a platform for subaerial large igneous provinces, which
would release large amounts of SO2 into the atmosphere. This pulse in
SO2 would be available to generate a MIF signal (Halevy, 2013), and
coupled to the pulse in sulfide from subaqueous volcanism, would
contribute to an increase in sulfur present on the earth's surface (though
work by Claire et al. (2014) has suggested that additional pathways for
MIF signal generation may exist above and beyond that of photolysis of
SO2). This large pulse of sulfur into the surface system would provide a
means for transport of MIF signal into the rock record, as sulfur inputs
could swamp biological cycling that had dampened the signal at the end
of Period 1.

Organic and inorganic δ13C values become more negative during
this period (Fig. 1, 3), possibly due to increased methanotrophy in-
corporating 12C-enriched CH4 into organic material and oxidation of
organic carbon and CH4 into isotopically light CO2 contributing to local
DIC pools. The advent of aerobic methanotrophy circa 2.7 Ga is con-
sistent with this interpretation (Fig. 8). The development of aerobic
methanotrophy would have produced a new source for isotopically
light biomass, and would have reduced the release of methane into the
atmosphere, possibly below the threshold for the formation of a hazy
atmosphere. With the elimination of the hazy atmosphere, the amount
of ultraviolet radiation penetrating the atmosphere would have in-
creased, providing a driver for the formation of MIF signal at a time of
increased SO2 flux into the atmosphere, consistent with the connection
between methane collapse and MIF generation (Zahnle et al., 2006).
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The increase in stable continent surface and expansion of niche
space where oxygenic photosynthesis could persist, coupled to 1.5 Ga of
continuous oxidation of the Earth's surface (e.g., hydrogen escape, or-
ganic C burial, sulfide burial; Catling and Claire, 2005), led up to
conditions where free oxygen could persist in the atmosphere for the
first time, heralding the GOE.

9.3. Period 3: 2.45–2.0 Ga

9.3.1. The GOE
Persistent free oxygen in the atmosphere drove rapid chemical

weathering of detrital pyrites and uraninites (suggested by the lack of
detrital pyrite and uraninite mineral grains in sedimentary rocks de-
posited after ~2.42 Ga, Johnson et al., 2014) and caused precipitation
of iron-oxides forming red beds which are found in the rock record as of
~2.4 Ga (Fig. 6D). Oxidation of labile detrital pyrites found in sands
and gravels of terrestrial surfaces led to a flush of sulfate into the oceans
(e.g., Havig et al., 2017 and references therein), which would expand
the role of BSR in geochemical cycling of carbon, but this would be the
tip of the iceberg. Reservoirs of pyrite in exposed Archean sedimentary
rocks would also be subjected to oxidative weathering (Bekker and
Holland, 2012), as well as iron locked in siderite (Bachan and Kump,
2015). Sulfate δ34S values drop at the beginning of Period 3 then in-
crease to near Phanerozoic values while sulfide δ34S values become
more negative (Fig. 1). This suggests an increase of sulfate delivery to
the oceans from oxidation of pyrites with a bulk δ34S value close to zero
and a shift to BSR in non-sulfate limiting conditions (Fig. 1). Sulfide
δ34S values appear to reflect less fractionation from the sulfate δ34S
values in the middle of Period 3, perhaps reflecting a decreasing sulfate
pool or a decrease in BSR activity (e.g., Canfield, 2001).

Subaerial LIP production on continents after 2.4 Ga pumped SO2

into the atmosphere, which was oxidized to sulfate, deposited in the
ocean along with the sulfate from oxidative weathering, reduced to
pyrite and buried. This resulted in a redox stratified ocean with surface
waters that range from oxygenated to euxinic (e.g., Olson et al., 2013)
and euxinic deep water, creating conditions that can drive deposition of
manganous carbonates (Havig et al., 2015), with the greatest amount of
Mn ore (~60% of the total known global ore reserves) deposited fol-
lowing the initiation of the great oxidation event (Fig. 6C), recently
constrained to between 2.460 and 2.426 Ga (Gumsley et al., 2017). The
nature of ocean redox stratification during the Paleoproterozoic is still
debated, with evidence for both euxinic and ferruginous conditions
preserved in shales deposited early in the Paleoproterozoic, but only
evidence for euxinic conditions later (Planavsky et al., 2011). This may
reflect a difference between restricted basins versus deep marine con-
ditions, and the effects of hydrothermal Fe input versus BSR production
of sulfide.

Free oxygen would be consumed quickly through oxidation of det-
rital and sedimentary pyrites on continental surfaces (producing acid-
ified rivers with high sulfate concentrations, Havig et al., 2017) in-
creased sulfide production by SROs, expanding euxinic zones in the
ocean which decreased the niche space for oxygenic photosynthesis. A
decrease in burial of organic carbon (possibly due to increased SRO
activity) may have also contributed to a short-term pause in the rise in
oxygen concentration in the atmosphere (attested by the lag in iron
retention in soils to ~2.20 Ga, Fig. 6D). Exposed terrestrial mafic ma-
terial produced near the end of Period 2 is weathered, and could con-
tribute to a drawdown of atmospheric CO2, which coupled to the re-
duction in the release of methane to the atmosphere triggered a series of
four global glacial events from ~2.45 to 2.25 Ga. It should be noted,
though, that there is currently a lack of constraints on Archean and
Proterozoic CO2 outgassing rates.

The continued overall increase in atmospheric oxygen is reflected in
the first retention of iron in paleosols at ~2.20 Ga (Fig. 6D). An in-
crease in continental landmass collisions starting ca. 2.1 Ga drove in-
creased weathering of the continental surface which produced

increased burial of organic carbon. This is associated with increased
sedimentation and increased oxidative weathering inputting more P
into the ocean. More P in the ocean would drive primary production at
a time when nitrogen fixation, via the nitrogenase enzyme, has evolved
(Fig. 8), reducing nitrogen limitation. Very positive carbonate δ13C
values near the end of the Lomagundi-Jatuli carbon isotope excursion
(LoJat-CIE) may reflect the formation of restricted basins associated
with the increase in continental surface area and continental breakup
prior to the assembly of the supercontinent ‘Columbia’ (Fig. 6D),
creating localized enhancement of the positive isotope excursion effects
(e.g., Melezhik et al., 1997; Melezhik et al., 1999; Bekker et al., 2003;
Planavsky et al., 2012). Increased oxygen in the atmosphere drove
sulfate production as a result of continental weathering. At this time,
sulfate concentrations in the oceans may have reached concentrations
approaching modern ocean levels (Planavsky et al., 2012; Scott et al.,
2014). High sulfate concentrations would lead to increased gypsum
deposition, and with over 75% of modern continent landmass present
by 2.0 Ga (Fig. 6D), large stable platforms are present for the deposition
and removal of large amounts of sulfate.

9.4. Period 4

9.4.1. Earth system quiescence
The assembly of the continents ‘Atlantica’ (from the West Africa,

Brazil, Guyana, Sao Francisco, Rio de la Plata, and Congo/Kasai cra-
tons) and ‘Baltica’ (from the Baltic and Ukranian shields) circa 2.1 Ga,
and the assembly of the supercontinent ‘Columbia’ circa 2.0 Ga (as-
sembled from the continents Arctica and Baltica, as well as the
Penokean, Yavapi, and Mazatzal terrains and probably Eastern
Antarctica) (Fig. 6D) resulted in an increase of continental landmass
to> 80% of present day, and a pulse in BIF formation between 1.9 and
1.8 Ga (Fig. 6C). It has been suggested that the Sudbury impact at
1.85 Ga (the second largest known impact, producing a ~200 km
crater, and coincident with the abrupt cessation of BIF formation) may
have been an influencing factor causing ocean mixing and sudden
temporary redox homogenization (Slack and Cannon, 2009).

Following the sudden end of the LoJat-CIE around 2.0 Ga, carbon
and sulfur isotopic values were stable (Fig. 1). Carbon isotope values
were similar to those deposited during the Archean (Fig. 1C, D), and
sulfur isotopic values reflect a stable but small ocean sulfate pool that is
driven more positive as BSR removed isotopically light sulfur which is
buried as pyrite (Fig. 1A, B). A speculative connection between the end
of the LoJat-CIE (marked by a massive deposition of organic material
that resulted in a “petrified oil field”, called the Shunga Event,
Medvedev et al., 2009) which coincides with the 2.023 Ga Vredefort
impact (forming a ~300 km diameter crater) has been made, sug-
gesting large impacts may cause impacts on the biosphere on scales that
can effect global processes (Young, 2013). Similar smaller “petrified
oil” deposits have also been found associated with the 1.85 Ga Sudbury
impact (Medvedev et al., 2009).

Reduced sulfate concentrations in the oceans caused a collapse in
the influence of BSR, allowing methanogens to occupy the water-sedi-
ment interface, and increasing the amount of methane released into the
water column. Continental weathering buffered atmospheric CO2, the
redox-stratified ocean supported a stable dissolved inorganic carbon-
organic carbon-methane feedback loop, and the supercontinent
‘Columbia’ remained relatively stable until a period of rifting that
ended with the reformation of the supercontinent as ‘Rodina’ circa
1.1 Ga (Roberts, 2013). During this relative geochemical and tectonic
quiescence, complex life evolved including nucleated cells (circa
1.5 Ga, Schopf, 1974; Martin and Russell, 2003), macroalgal features
(Mesoproterozoic, Xiao and Dong, 2006), and sexual reproduction
(circa 1.2 Ga, Butterfield, 2000), setting the stage for the rapid di-
versification of Ediacaran metasomes and the subsequent Cambrian
explosion following the second great oxidation event during the Neo-
proterozoic.

J.R. Havig et al. Earth-Science Reviews 174 (2017) 1–21

17



10. Concluding thoughts

The geochemical upheaval in sulfur and carbon isotopes that char-
acterizes the first half of the Paleoproterozoic lies in stark contrast to
the quiescence that typifies the second half. Furthermore, geologic and
geochemical evidence for dramatic changes in the oxidation state of the
surface environment occur during the first half, with no major changes
observed to date in the second half. From this, perhaps it is useful to
recognize and signify these differences by dividing the Paleoproterozoic
into two separate Eras, with the Paleoproterozoic encompassing the
Orosirian and Statherian Periods (from 2.05 to 1.6 Ga), and a new
Eoproterozoic Era encompassing the Siderian and Rhyacian Periods
(from 2.45 to 2.05 Ga), and bringing the boundary between the
Proterozoic and Archean to ~2.45 Ga (in light of the recent age dates
constraining the great oxidation event by Gumsley et al., 2017).

We argue for an intimate connection between the biosphere and
sulfur isotope signals preserved in the rock record. While the influence
of biological processes on δ34S signals of sulfide and sulfate are some-
what constrained by pure culture and environmental work, more work
is needed on a greater range of pure culture isolates as well as en-
vironmental samples to interpret the effects on preservation of δ34S
signals that result from complex sulfur cycling in natural systems,
especially in the face of sulfate limitation. Furthermore, assumptions
made on preservation of Δ33S and Δ36S signals (generated by MIF
processes) in the rock record are done in an absence of experimental
work to elucidate the effects of biological sulfur metabolisms on pro-
cessing and altering sulfur compounds that carry MIF signals, providing
an open and exciting avenue for exploration.

While the views expressed in this work are not presumed to be
definitive, and certainly not the final word on the sulfur-carbon isotope
system in the Archean and Paleoproterozoic, we hope that what we
have presented will provide some food for thought, and will aid in ef-
forts to produce a holistic, multi-discipline synthesis of the develop-
ment of the earth-biosphere system that better integrates the influences
of life on the earth system. This is a time of rapid progression of thought
and the accumulation of massive geochemical datasets, coincident with
the explosion of molecular capabilities and novel work being done in
molecular microbiology and ecology. It is an exciting time that will
yield new paradigms as the old are turned on their ear.
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